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Abstract. The great variety of styles of continental extension may reflect different crustal thick-
ness and thermal states of continental lithosphere during the initiation of rifting. To investigate
how these and other factors affect rifting and the development of passive continental margins, we
develop a simplified model of lithospheric extension. We consider the evolution of extensional
deformation for a three-layer model lithosphere bounded laterally by much stronger lithosphere.
The cold part of the crust and mantle are treated as thin brittle/plastic layers. The lower crust is
approximated as a thin viscous channel. Each brittle/plastic layer can extend in only one location
determined by the strength of the layer, shear of the lower crust, and buoyancy forces related to
both crustal thickness variations and thermally induced density differences. The lower crust flows
in response to crustal thickness variations and is sheared when the loci of extension for the two
brittle/plastic layers are horizontally offset, a situation we term shear decoupling. As in previous
studies, we see three distinct patterns, or modes, of extensional deformation that occur under dif-
ferent sets of model parameters: the core complex mode, the wide rift mode, and the narrow rift
mode. Shear decoupling occurs only in cases with a crustal rheology at the weak end of the spec-
trum of laboratory estimated values. We are aware of no observations that require that the upper
crust and upper mantle strain at laterally displaced positions. We show that for large magnitudes
of extension there can be transitions between modes as inferred for some highly extended conti-
nental areas. Predicted patterns of crustal thickness and heat flow for some models are similar to
observations at several rifted continental margins, including very wide and asymmetric margins.

Introduction

It has been recognized for several decades that passive
continental margins form by continental rifting and breakup (see
Bond and Kominz [1988] for an historical perspective).
Extensional styles of continental rifts and the patterns of observed
strain, however, show great variability [Ruppel, 1995]. In
particular, rifted areas range from tens of kilometers to several
hundred kilometers in width. At one extreme are the Baikal and
the East African rift systems, which are less than 100 km wide
[Logatchev et al., 1983]. At the other extreme is the U.S. Basin
and Range province, which is several hundreds of kilometers wide
[Hamilton, 1987]. In addition to narrow rifts and wide rifts, a
third important style of extension is now recognized: the
metamorphic core complex. Core complexes are areas where
high-grade metamorphic rocks have been unroofed and are
juxtaposed to overlying low-grade upper crustal rocks. One
particularly puzzling aspect about core complexes is that they
show very high surface strains but no evidence for local crustal
thinning [Dokka et al., 1986; Davis, 1988]. One of the primary
goals of recent modeling work has been to understand how
extension of the lithosphere can produce such a great diversity of
rifted structures and strain patterns.
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Narrow rifts and margins can be understood simply as
stretching, or necking, of a strong plastic layer. For example,
Artemjev and Artyushkov [1971] assume small perturbations in
the layer thickness and therefore strength. Strain is concentrated
in the weakest part of the layer, which therefore thins and so
continues to weaken. In this way, a narrow rift system develops.
Thermal models based on this idea assume pure shear
deformation in the necking area [McKenzie, 1978] and are
successful at predicting subsidence patterns at passive margins as
recorded in the sediments [LePichon and Sibuet, 1981]. Several
mechanical analyses suggest that finite-sized perturbations should
cause deformation to localize in extending plastic or viscous
layers [Zuber et al., 1986; Lin and Parmentier, 1990]. In
addition, several coupled thermomechanical models of
lithospheric stretching predict the formation of narrow margins
[Braun and Beaumont, 1987; Bassi, 1991; Dunbar and Sawyer,
1989a,b].

While the origin of narrow rifts is not much debated, the origin
of wide rifts has been more controversial. One idea is that wide
rifts are produced when extension rates are very slow relative to
thermal diffusion rates in the lithosphere [England, 1983].
Because the weaker crust is replaced by stronger mantle,
conductive cooling of the thinning lithosphere can result in an
increase in the total force required to rift. If this happens, then the
necking area becomes stronger and the deformation is instead
spread out to other parts of the layer, thus creating a broad, diffuse
zone of rifted crust [Kusznir and Park, 1987; Sonder and
England, 1989].
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Buck [1991] suggested that initial crustal thickness and thermal
structure play a larger role than extension rate in determining
whether wide or narrow rifts develop. This model considered the
effect of gravitational stresses during lithospheric thinning. As
continental crust thins, higher density mantle material is brought
to shallow levels within the rift resulting in a compressional force
that inhibits continued extension [Artyushkov, 1973; Fleitout and
Froidevaux, 1982]. Thus a buoyancy force rather than litho-
spheric strengthening is responsible for wide rifting. This crustal
buoyancy force is dominant only when the lithosphere is thin, so
that the amount of possible weakening due to lithospheric necking
is small. In this model, narrow rifts are predicted for cold crust
(thick lithosphere) and wide rifts are predicted for warm crust
(thin lithosphere). The model also included the effects of lower
crustal flow in response to crustal thickness variations [Gans,
1987; Block and Royden, 1990; Kruse et al., 1991]. In very thick
and hot crust, lower crustal flow is very efficient at relieving
gravitational stresses, allowing localized upper-crustal extension
while the Moho remains flat. This may be analogous to core
complex formation. Thus Buck [1991] defined three distinct
modes of extension depending on whether or not the locus of ex-
tension remained fixed and on the efficiency of lower crustal flow
(Figure 1). Which of the above modes of extension are operative
during continental rifting clearly has significant implications for
the formation and subsequent evolution of rifted passive margins.

The above two types of models make different predictions
about the lithospheric thickness that is associated with wide
rifting. In the conductive cooling models {Kusznir and Park,
1987; Sonder and England, 1989), relatively thick lithosphere is
needed so that yield stress changes dominate and conductive
cooling can lead to an increase in force. The crustal buoyancy
model [Buck, 1991] predicts that wide rifts are associated with
thin lithosphere. If present-day heat flow can be used to estimate
lithospheric thickness, then several wide rifts may well be
associated with thin rather than thick lithosphere. For example, in
the South China Sea heat flow values over rifted continental crust
are as high as 80-90 mW/m? even though rifting of the continental
crust ceased 10-20 Ma. [Spangler, 1992; Nissen et al., 1995].
Similarly, heat flows over the currently extending regions of the
Aegean Sea and the Basin and Range province are of the order of
80-100 mW/m? [Lachenbruch and Sass, 1978]. Because active
extension can result in transiently high heat flow values, some
care should be taken in interpreting heat flow directly over active
rifts as representative of the background thermal state of the
lithosphere. Nonetheless, in the South China Sea example, the
lithosphere must be fairly thin since rifting ceased long enough
ago that if thermal cooling was dominant, the heat flow should not
still be as high as the currently observed values. In addition, the
total spreading rate in the South China Sea was relatively fast: ~5
cm/yr full rate [Taylor and Hayes, 1983]. This suggests that the
conductive cooling mechanism for wide rifting may not be appro-
priate in this region.

The mode of extension is also likely to play a role in
determining if a rift system develops strong asymmetries.
Asymmetric extension is now recognized as an important
phenomenon during rifting and passive margin formation and how
such asymmetries develop has received considerable attention
[Dunbar and Sawyer, 1989a, b; Braun and Beaumont, 1989b;
Govers and Wortel, 1993). Preexisting weaknesses in continental
lithosphere have been shown to be an important consideration in
asymmetric extension [Dunbar and Sawyer, 1989a], but there has
been some debate about whether or not such weaknesses are
required [Govers and Wortel, 1993]. In particular, it has been
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Figure 1. Schematic illustrations of three possible modes of con-
tinental extension as defined by Buck [1991]. Lithos;i)here is de-
fined as areas where the effective viscosities are > 10?1 Pa-s.

suggested that if the mantle strains in a position laterally displaced
from a major crustal weak zone, extensional strain can be
partitioned into two rift systems, one located above the mantle
straining region and the other located at the preexisting crustal
weak zone. The differential strain between the deforming regions
in the crust and mantle is accommodated by large-scale shear in
the lower crust [Braun and Beaumont, 1989b; Dunbar and
Sawyer, 1989a). This lower crustal shear may be analogous to
qualitative models invoking lithospheric scale simple shear
[Wernicke, 1985; Lister et al., 1986; Dixon et al., 1989] and has
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lead to the suggestion that shear decoupling of the upper crust and
upper mantle is possible.

In this contribution, we further develop the model of Buck
[1991] to look at the long time evolution of an extending region.
We investigate how changes in the mode and geometry of
extension can occur with time. For the thermal evolution, we
solve the two-dimensional equations for conduction and advection
of heat. Mechanically, the continental lithosphere is modeled as
three interacting thin layers on top of an inviscid substrate. The
upper crust and mantle lithosphere layers are brittle/plastic and
the lower crust is a viscous channel. This layered lithosphere ap-
proach is similar to that taken by Bird [1989] to look at one sce-
nario for the three-dimensional deformation history of the western
United States. Here we consider only the two-dimensional devel-
opment of margins and show how the initial crustal thickness and
thermal structure of a region affects its extensional evolution. We
consider how different crustal rheologies and rates of extension
affect the evolution. Also, we allow for decoupling in the sense
that the upper crust and upper mantle are treated separately but in-
teract by shearing the lower crust. We show what conditions are
required for the crust and mantle to deform at positions laterally
displaced from each other.

Model Description and Methods

Continental crust has a composition, rheology, and density very
different from the mantle. These differences may cause the crust
and mantle to deform in a different manner during continental ex-
tension. For a range of thermal gradients, the lower crust may be
hot enough to creep at a low level of applied stress, while the up-
per crust and uppermost part of the mantle are so strong that they
can only deform when the stress is great enough to cause brittle
faulting and frictional sliding [Brace and Kohlstedt, 1980]. On
the basis of laboratory measurements extrapolated to Earth condi-
tions, there can be several orders of magnitude variation in the
strength (or the effective viscosity) between the upper surface of
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the crust to the mantle lithosphere. Such large variations are dif-
ficult to incorporate in continuum models of lithospheric deforma-
tion that numerically solve the conservation equations in two and
even three dimensions.

While there are many numerical techniques that can solve for
deformation with such large strength variations, most tend to be
computationally intensive and so it is difficult to run many models
over a wide range of parameter space [e.g., Braun and Beaumont,
1987; Christensen, 1992]. Here we adopt several approximations
commonly used to make calculations computationally more effi-
cient. The most important is the thin sheet approximation, which
effectively removes the vertical dimension from the problem by
assuming that the properties of the lithosphere at some horizontal
position can be approximated by vertical averages [England et al.,
1985; Sonder and England, 1989]. Models that solve the full set
of conservation equations in two dimensions confirm that the
predicted behavior of these more approximate models is basically
correct [Christensen, 1992; Bassi et al., 1993]. The thin sheet ap-
proach implies that vertical gradients in horizontal velocities are
negligible, a condition that is not satisfied when there is signifi-
cant lower crustal flow. Thus we consider the lower crust as a
separate layer and treat the continental lithosphere as three thin
interacting layers.

Mechanical Considerations and Geometry

Consider a layered continental lithosphere of width X; and
thickness Z; that is bounded on either side by strong, rigid
lithosphere which is spreading at a specified plate velocity u,
(Figure 2). Compositionally, the model lithosphere consists of a
crustal layer that lies above a mantle layer. Mechanically,
however, we consider a three-layer lithosphere that comprises a
brittle/plastic upper crust, a brittle/plastic upper mantle, and a
viscous lower crust sandwiched in between the plastic layers. The
model is passive in the sense of Sengér and Burke [1978] in that
we assume that a driving force is applied at the sides of the model

Figure 2. Schematic illustration showing the basic components of the model. The sides are bounded by rigid litho-
sphere, which are moving apart. The lithosphere in between extends. Three mechanical layers are assumed: a vis-
cous lower crust sandwiched in between two brittle/plastic layers. The plastic layers neck by pure shear and interact
by shearing the lower crust. In addition, the crustal pure shear results in crustal thickness variations that result in
horizontal pressure gradients at the base of the crust. The lower crust can flow in response.
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lithosphere and that there is always enough force available to
drive extension. The upper crust and upper mantle are assumed to
strain at locations centered at x, and x,, respectively, while the
lower crust deforms anywhere it is stressed.

Force balance. The lithosphere will strain in such a way that
the total force required to deform is minimized. There are four
contributions that we consider in our approximation of the total
force: yield stresses, crustal buoyancy forces, thermal buoyancy
forces, and shear stresses in the lower crust.

Yield stresses. Following Brace and Kohlstedt [1980], we
treat the continental lithosphere as rheologically layered. At any
given depth, it is assumed that a rock will deform if enough stress
is applied to cause either frictional sliding (Byerlee's law) or
ductile flow at a specified strain rate. Whichever of these two
processes has the lower required stress difference at a given depth
defines the yield stress there. The differential stress for brittle
deformation is a linear function of the vertical stress (i.e., 0p =
Bo;) where the constant depends on the fluid pressure and the
friction coefficient [Brace and Kohlstedt, 1980]. Here the vertical
stress is found explicitly as g; = fp(z)dz, where p(z) is the density
as a function of depth.

For ductile flow, the stress difference can be related to strain
rate as

. \1/n
o'=[%] exp[ E/nRT], )

where o is stress, € is strain rate, E is the activation energy of the
assumed creep process, T is the temperature, R is the universal gas
constant, n is an integer, and A is an experimentally determined
constant (see Table 1). For the mantle rheology, olivine is as-
sumed while the crust can be either wet quartz or dry quartz.
These are taken as extremes in order to show the range of possible
behavior of the crust. In the thin sheet approximation, the force to
cause yielding everywhere can be found simply as the integral
over depth of the yield stresses.

Buoyancy forces. Buoyancy forces result from density
anomalies in the lithosphere that produce horizontal stresses.
During lithospheric extension, density anomalies are produced
due to both crustal thickness changes and thermal changes. It is
assumed that density anomalies produce topography in local
isostatic equilibrium and that the wavelength of the anomalies is
large relative to their vertical extent. The buoyancy force can
then be calculated from the isostatic pressure variation caused by
density variations in the lithosphere {Artyushkov, 1973; Fleitout
and Froidevaux, 1982]:

2L
F,= gjo 8p(z)z dz, @

Table 1. Rheology Parameters
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where 8p(z) is the density difference with respect to a reference
column and g is the acceleration due to gravity. For the crustal
buoyancy force, the reference column is the thickest crust within
the lithosphere and the density anomaly is simply p,, - p., where
P is the mantle density and p,. is the crustal density. The density
anomaly due to temperature changes is ppdT(z) where the ther-
mal expansion coefficient ¢ is assumed constant. The reference
density, py, is at 0°C and is either p, or p,.

Shear stresses. In the general case where x, # x,, there is an
additional force term to consider because decoupling must be ac-
commodated by shear in the lower crust. In the region between x,
and x,,,, the upper crustal plate moves in the opposite direction as
the mantle plate. The lower crustal viscous layer is sheared by the
relative motion. This situation is analogous to Couette flow and
the shear stress is independent of depth. It is given by

“p
T(x)===Uy, 3)
0

where (i is the effective viscosity at the base of the crust and {; is
the effective channel thickness (precise definitions are given
below in the description of the viscous layer). The total extra
force required for the mantle to strain at a location displaced from
the upper crustal strain is then simply the integral of the shear
stress:

F,= J;'" (x)dx. @)

Total force. The total force, Fr, required to deform the
layered system is simply the sum of the integrated yield stresses
and shear stresses, and the buoyancy forces. We prescribe a
deformational flow field for calculating temperature and crustal
thickness changes such that the total force to deform is
minimized. Thus we find x,. and x,, such that

Fr(xc.%pm )= Fo(x: )+ Fru (%)
+ Fd,(xc)+ F,(xc,xm)

is a minimum. Here F, and F,, represent the force required to de-
form the crust and mantle, respectively, and include both yield
stresses and thermal buoyancy forces. F, represents the crustal
buoyancy force and is a function of x, only since the strain in the
mantle does not affect the crustal thickness.

®

Deformational Flow Field

To calculate the evolution of strain, crustal thickness, and
thermal structure, we must define a flow field. This requires that
we make several assumptions about how the two brittle/plastic
layers will strain. Here we assume that the deformation occurs

*

Mineral A, E, n C,
Pa™" sl kJ mol! Pa-s
Dry quartz’ 5x 1025 149 3 8 x 1012
Wet quartz¥ 1.3 x 1020 134 24 3x 1011
Olivine § 1 x 1015 500 3.0 1x103

*Preexponential for the effective viscosity at the base of the crust assuming a differential stress,

op, of 1 MPa (C=A"!(ap)'"").
tKoch [1983].
tKronenberg and Tullis [1984].
§$Kirby and Kronenberg [1987).
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via bulk pure shear over a width determined by the thickness and
viscosity structure of the layers. The velocities vary linearly as a
function of depth and horizontal position within the straining
region. This assumption is justified based on numerical and
analytic models that show that the width of a plastic necking
region scales roughly as the thickness of that layer [e.g., Lin and
Parmentier, 1990]. As described above, the centers of the
deforming regions are determined by the position where strain can
occur at the minimum of tectonic force according to equation (5).
The mantle passively upwells beneath the crustal necking region.
In each layer we calculate the depth to where the effective
viscosity (determined as o/£ for an assumed £) is an order of
magnitude less than at the brittle ductile transition in each layer.
The total thickness from the top of the layer to this depth
determines the width of the necking region. The minimum
assumed width for either layer is 20 km so that the pure shear
flow field is always well defined on the numerical grid. When the
crust is very thick and/or very hot, the upper mantle may be
entirely ductile. In this case the width of the mantle straining
region is again set to the minimum value of 20 km.

The viscous lower crust deforms anywhere it is stressed.
Horizontal pressure gradients caused by crustal thickness varia-
tions will cause the lower crust to flow at a rate determined by its
effective viscosity [Bird, 1991; Buck, 1991]. In addition, the
lower crust is sheared when the localized extension in the upper
crust is laterally displaced from extension in the mantle (i.e.,
when x, # x,,).

We consider a linear viscous, temperature dependent viscosity
in the lower crust of the form u(8) = u, exp[ /4], where { =z, -
z and is the distance above the base of the crust, which is at a
depth z,,. The effective viscosity at the base of the crust is gy = C
exp[E/RT,,] and the viscous channel length scale is {; =
RT,2/(E-dT/3(). Here C is an experimentally determined
rheologic parameter, T,, is the temperature at the base of the crust,
and J1/0¢ is the temperature gradient at the base of the crust. The
viscosity is linearized in a way consistent with the power law
rheology specified in (1). Thus C = o™ A"l, where o is the
average deviatoric stress at the base of the crust. Table 1 shows
values of C for 0 = 1 MPa, which we assume as a lower limit for
calculating viscosity. The linear viscosity therefore does not
imply anything about creep mechanisms in the lower crust.

The basic equations for lower crustal flow have been derived
previously by Bird [1991] and Buck [1991]. The problem is con-
sidered as a simple channel flow problem and the velocities can
be solved for analytically. The final result can be expressed as a
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H_d 3,

o ox Toax oxh
where h(x) is the crustal thickness, and &y is the crustal diffusiv-
ity:

©)

gp_c(pm =Pc )gg (x)

K =p’”—' 7

1 o) ®
The last term in (6) accounts for the pure shear in the crust as well
as advection of crustal thickness variations. The effect of lower
crustal flow is entirely described by the diffusion term. The me-
chanical boundary condition can be thought of as moving walls
where di/dx = 0 at x = 0 and x = X, but the distance X; increases
with time according to the specified plate velocity. Initially, the
straining regions are assumed to be at the center of the model,
presumably because of some infinitesimal weakness there.

To record the surface strain of the model lithosphere, we
include passive, Lagrangian strain markers at the surface. These
are simply advected at each time step and the horizontal surface
strain, e, is calculated as the change in distance between adjacent
markers divided by the original distance between them. In plots
of the surface strain, we show 1+e for direct comparison to the
crustal thinning parameter 8, The basic model parameters and
constants are given in Table 2. The total velocity field for
deformation is simply the sum of the pure shear fields and the
lower crustal flow field.

Thermal Calculation

Both the lower crustal viscosity and lithospheric strength are
strongly temperature dependent. Thus we consider the heat flow
equation in two dimensions:

IT(x,2) 9*T It
B A
o or , 3
—ME—WE+H(X,Z)
where T is temperature, k7 is the thermal diffusivity (assumed
constant throughout the lithosphere), and H(x,z) represents crustal
heat sources. For the heat source term, we adopt the usual formu-
lation that assumes the decay of radioactive elements is the only
important source of heat and that the abundance of such elements
decreases exponentially with depth [Birch et al., 1968;
Lachenbruch, 1970; Sclater et al., 1980]. The heat source term is

one-dimensional diffusion-advection equation for crustal thick- H(z)=Hy exp [_Z/H’ ] z< Z"" 9
ness variations through time: H(z)=0 2>z,
Table 2. Model Constants and Parameters
Symbol Name Value

P mantle density 3300 kg m™3

P, crustal density 2800 kg m3

X thermal diffusivity 1 x 106 m? 5!

o thermal expansion coefficient 3x 107

H, surface heat production 2 x 106 W m™3

H, initial heat production length scale 1x10*m

R universal gas constant 8.3143 I mol'! K1

g gravitational acceleration 9.8 ms2

Ax horizontal grid spacing 2000 m

Az vertical grid spacing 1000 m
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where H, is the surface heat production, H, is a length scale for
decay, and z,, is the base of the crust as before. The values used
here are given in Table 2 and contribute 20 mW/m? to the initial
surface heat flow. The H, length scale changes as the model
lithosphere deforms. This is accomplished by advecting the heat
source terms at each time step according to the prescribed velocity
field. The advective velocities, # and w, are simply the sum of the
pure shear velocities and lower crustal flow velocities as de-
scribed earlier.

The initial condition is found as the steady state thermal profile
for a given mantle heat flux (which is varied in the calculations)
and a surface temperature of T=25°C. The initial lithospheric
thickness is then defined as the depth to the 1330°C isotherm and
depends on the assumed mantle heat flux. The thermal boundary
conditions are constant temperature at the surface and at a fixed
depth which is set at the initial base of the lithosphere. The sur-
face is kept at 25°C while the base is kept at 1330°C. At the sides,
we set d7/dx = 0.

At each time step we calculate a new crustal thickness using
(6) and update the temperature field according to (8). The
equations are solved using explicit finite differences where the
diffusive terms are center differenced and the advective terms are
upwind differenced. We then calculate the force to continue
deformation and determine x, and x,, such that the total force is
minimized (equation (5)).

The mode of deformation can be defined based on whether or
not the positions x, and x, change through time. This depends
on the difference in force required to strain the lithosphere within
the actively straining region and the force required to strain the
nearby undeformed regions. A negative force difference implies
that the force to deform within the straining region is less than
that outside of the straining region. On the other hand, a positive
difference implies that the force is greater within the straining re-
gion.

A positive difference in force makes continued extension more
difficult and so a wide rift develops as the centers of active ex-
tension migrate to other areas of the model lithosphere. In this
model, there are two possibilities for wide rift mode. The first is
that the crust and mantle straining regions migrate together during
wide rift mode and the second is that the crust can deform in wide
rift mode while the mantle straining region remains fixed. The
magnitude of the extra force required to shear the lower crust
(equation (4)) will then determine which of these two wide rift
modes is expected.

A negative difference in force favors continued extension at a
single location and so results in either core complex mode or
narrow rift mode depending on the efficiency of lower crustal
flow. Under cooler conditions, the lower crust is too viscous to
flow easily on the timescale of the model and a narrow rift forms.
Under hot conditions, the lower crust flows rapidly and a core
complex develops. The Moho and surface topography stay flat in
this case. The efficiency of flow is measured by comparing the
crustal thickness in the straining region to the thickness that
would be predicted if lower crustal flow were neglected. Core
complex mode is defined when the crustal buoyancy force is less
than one-tenth the value that would be predicted for the same cal-
culation with no lower crustal flow.

Model Results

Because of the simplicity of the model, it is possible to do
calculations relatively quickly. This makes it possible to consider
a wide range of material parameters and initial conditions. In the
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calculations, the most important factors to consider are the initial
crustal thickness, the surface heat flow, and the rheology of the
lower crust. All of these control the effective viscosity of the
lower crust and the channel thickness ({p), which determine the
rate of lower crustal flow. We first show how decoupling modi-
fies the modes of extension defined previously and then demon-
strate calculations of the time evolution of deformation.

Predicted Modes of Extension

We first do short-time duration calculations to map out the
conditions for which the model predicts each mode of extension
as defined previously. In this calculation, the forces are not
calculated every iteration. The model is allowed to evolve with x,
= x,, = a constant for 1 m.y. of dimensional model time (of the
order of 1000 time steps or less, depending primarily on the
efficiency of lower crustal flow) and then the force balance is
calculated to determine the mode of extension. This is similar to
the approach taken by Buck [1991] for making such mode maps.
The shear force term is calculated assuming that the maximum
displacement of x, from x, is X;/2 in determining the force
balance.

Figure 3 shows plots of the mode of extension as a function of
crustal thickness and surface heat flow for both dry quartz and
wet quartz crustal rheologies. For the dry quartz case, the results
are very similar to those of Buck [1991]. The primary difference
is that the wide rift mode field is expanded for extremely thick
crust (hg > 46 km) because of the possibility of decoupling.
Notably, wide rift mode for crust thinner than 46 km does not de-
couple. The force necessary to shear the lower crust is large so
that x, and x,, are predicted to migrate together during wide rift
mode. The wet quartz case, however, is quite different. In the
Buck [1991] model, no wide rift mode was predicted because the
extremely low effective viscosities made lower crustal flow very
efficient even for relatively low crustal temperatures. For ex-
tremely weak crustal rheologies, however, the extra force required
to shear the lower crust is negligible. This permits decoupling so
that the force balance in the crust becomes effectively indepen-
dent of the force balance in the mantle. The result is that a wide
rift mode is predicted in which the region of crustal strain mi-
grates to other areas while the region of mantle strain remains
fixed.

Time Evolution

We present results for a few representative calculations that
demonstrate the basic behavior of the model. The dry quartz cal-
culations are simpler to understand because decoupling rarely oc-
curs. Thus we summarize three calculations using dry quartz that
demonstrate the basic modes of extension and show that as the
lithosphere evolves, the average crustal thickness and heat flow
change so that mode boundaries can be crossed. We then sum-
marize a wet quartz calculation that shows how decoupling en-
ables deformation in wide rift mode even with extremely weak
rheologies.

For dry quartz rheology, the simplest calculations are those that
begin in narrow rift mode. In these cases, the lower crust is too
viscous to flow for significant distances on the timescale of the
model run and the crust and lithosphere rapidly neck. The de-
crease in force due to changes in yield stress always dominates
and so the deforming region stays fixed even though significant
Moho topography (and hence a significant crustal buoyancy
force) is generated. This is demonstrated in Figure 4, which is a
calculation where the initial crustal thickness is 35 km and the
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Figure 3. Plots of the mode of extension as a function of initial crustal thickness and surface heat flow for (a) dry
quartz and (b) wet quartz. The results contrast to the earlier results of Buck [1991] in that wide rift mode due to de-
coupling of the upper crust and upper mantle is considered. The light gray shading indicates coupled wide rift mode
(that is, the crust and mantle straining regions migrate together) and the dark gray shade indicates wide rift mode

where the crust decouples from the mantle.

initial surface heat flow is 72 mW/m2, This plot shows crustal
thickness along with the isotherms, the surface heat flow, the
amount of surface strain and the total amount of crustal thinning,
the predicted topography assuming local isostatic equilibrium, and
the force differences as a function of horizontal position.

In the plot of the forces, we show dF.(x.), d F.(x.), and
dF,(x,,). Here dF represents the difference in force relative to
some reference level. The terms dF, and dF,, include yield stress
changes and thermal buoyancy, and dF, is the crustal buoyancy
force. For dF, the reference level is taken as the area of thickest
crust, and for the dF, and dF,, the reference level is the area that
is coolest. The total force curve shown is the sum of dF,, dF,,
and the least of dF,, and F, This is a reasonable approximation
for determining the mode of extension at a given time, though it
should be emphasized that the evolution here is determined by
finding the global force minimum. F,and the total force are two-
dimensional functions of parameter space since they are a
function of both x, and x,,. Here we show representative one-
dimensional curves where x,, is kept constant at the center of the
mantle straining region. The form of the total force adopted for
the figures is only to simplify the presentation of the results.

In narrow rift mode, the background heat flow (that is the heat
flow outside the active rift) stays unchanged, while a large heat
flow anomaly is found within the actively straining region.
Because the lower crust cannot flow, strain stays localized to the
region of pure shear. There is no significant strain anywhere out-
side the rifted lithosphere. Thus the surface strain measured by
the passive markers is approximately the same as the amount of
crustal thinning determined from B values. Figure 9 shows the
same mode map of Figure 3a with a trajectory of this calculation
superimposed. The trajectory is defined by calculating the aver-
age crustal thickness of the model and average surface heat flow
through time. Obviously, the crust gets thinner on average and
the heat flow increases. Eventually, the thermal profile through
the rift would approach a steady state geotherm appropriate for
the imposed advective velocities, and the trajectory would flatten
out and follow a constant average heat flow path.

Figure 5 shows the time evolution of a second calculation with
the same initial crustal thickness, but an initial surface heat flow
of 98 mW/m2. In this case the weakening due to yield strength
changes is less than the crustal buoyancy force and the total force
to deform increases. Because of the hotter geotherm, the
integrated yield stresses are much smaller at the initiation of
rifting. The change in integrated yield stresses is therefore less
than in the previous case. However, the lower crust is not quite
hot enough to flow rapidly. This is seen in the plot of forces in
Figure 6. The crustal buoyancy is about the same order of
magnitude as previously, but the yield stress differences are much
lower. Moho topography is again generated, but here the crustal
buoyancy force is dominant. For this reason, the necking region
migrates to other areas of the lithosphere that require less force to
deform. This mode of extension is termed wide rift because the
lithosphere everywhere in the box is straining, both on the
surface, in the lower crust, and in the mantle. As a result, a
pronounced heat flow anomaly never develops as it does in the
narrow rift case. The surface heat flow is uniform over the whole
area because, on average, the advective flux of heat due to the
deformation is roughly uniform. The fact that the straining region
migrates is recorded by the surface strain markers where it is seen
that strain is distributed across many areas on the surface of the
crust. Note also that the force required to shear the lower crust
increases rapidly as one tries to move the crustal straining region
away from the mantle straining region. In order to keep the total
force a minimum, the crust and mantle straining regions are
constrained to move together.

During rifting, the crust thins continuously and one would
expect from the mode maps that eventually a transition to narrow
rift mode should occur. Figure 9 shows the predicted mode as
function of initial surface heat flow and crustal thickness along
with a trajectory of the calculation. The mode boundary to narrow
rift is crossed between 8 and 10 m.y., but the lithosphere is still
deforming as a wide rift mode. It is apparent, however, that
localization is beginning to occur even though there is still some
migration of the straining region at these times. There is a steady
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Figure 4. Example of a calculation in which only narrow rift mode occurred. The initial crustal thickness is kg =
35 km and the initial surface heat flow is Q; = 72 mW/m?. Plots are shown after 2 m.y. of rift evolution. Rapid
pure shear necking results in a pronounced heat flow anomaly over the rift. Here and in other figures, the thin lines
in the model box are isotherms in 100°C increments and the thick bold line is the crustal thickness. The strain plot
shows the crustal thinning factor (solid line) as well as the amount of strain at the surface, 1+e, recorded by the
passive strain markers (dotted line). Forces: dotted, crustal yield stresses plus crustal thermal buoyancy (dF.);
dashed, mantle yield stresses plus mantle thermal buoyancy (dF,,); thin solid, crustal buoyancy (dF_,); and thick
solid, sum of all the forces. The force required to shear the lower crust is not shown because it is off the scale of the
plot in this case. Shaded area is region of imposed pure shear.

increase in the amount of time spent straining at a single location
before the crustal buoyancy force becomes large enough to cause
the rift to move. In the full time evolution, the mode boundary is
thus not a sharp boundary but defines a transition area where a
change in behavior can be expected.

Final breakup is predicted wherever the active straining region
happens to be located at the time that the mode boundary is com-
pletely crossed. Where this occurs in our model is essentially
random because of the way in which the straining regions migrate.
When localization occurs at the sides of the model, it is possible
to produce asymmetric margin pairs. One margin would be broad
and diffuse while the other would be very narrow.

In Figure 7 an example calculation from the core complex
mode is shown. The key to this mode is that lower crustal flow is
so efficient that the Moho topography cannot be easily generated.
The Moho stays flat and the crust thins uniformly over the entire
area X; even though the active rift stays fixed to a local area in the

middle. Strains measured at the surface are extremely large
within the rift and are negligible outside the rift. The value of j3,
as measured by the amount of crustal thinning is small and is the
same throughout the crust. This is seen in Figure 8.

Core complex mode is thus marked by the following features.
Within the rift zone there is locally high strain over a narrow area
at the surface while the crustal thinning is spread out over the en-
tire area X;. Horizontal flow in the lower crust is nearly isother-
mal, but the flow is always directed into the rift zone. The
isotherms within the rift become compressed and there is a pro-
nounced heat flow anomaly directly over the rift zone.

Because the crust is thinning everywhere, eventual cooling of
the lower crust raises the effective viscosity. In addition, the
length scale X; increases with time as the rigid plates at the sides
of the model lithosphere move apart. These two factors decrease
the efficiency of lower crustal flow and the deformation cannot be
spread out to a broad area through the lower crust. When this
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m.y. A uniform heat flow anomaly develops over the entire region. Strain plot is the same as before: solid line, j3;
dotted line, 14+e measured from the surface strain markers. Force curves are as in Figure 6, except that the shear

force term (dot-dashed line) is also shown.

happens, the crustal buoyancy force again becomes important and
a transition to wide rift mode is seen. Unlike the previous wide
rift calculation where the lithosphere was essentially uniform at
the start of the wide rift, in this case an area that has been ther-
mally weakened is left behind where the core complex rifting oc-
curred. In a sense, there is now a preexisting weakness in the
crust that can control the subsequent evolution of the rifting litho-
sphere. Figure 9 shows a plot of the average heat flow/average
crustal thickness trajectory through time where it is seen that the
transition to wide rift mode is marked by a flattening of the aver-
age heat flow due to this cooling. As before, there is eventually a
final transition to narrow rift mode. Here this happens roughly
14-15 m.y. into the calculation, and as before, the mode boundary
is a transition area rather than a sharp boundary.

In general, all the calculations show an overall increase in
surface heat flow through time. In part, this is a consequence of
our assumption that initially hot lithosphere is in steady state.
The lithosphere will never be cooler than the initial condition. In
addition, as long as strain is imposed, the lithosphere will
converge toward a new steady state geotherm that is hotter than
the initial geotherm. Hot lithosphere may very well be a result of
a transient heating event such as the impingement of a mantle
plume at the base of the lithosphere. Under these conditions, one
would expect pronounced cooling during the later stages of
evolution and a decrease in the average surface heat flow could
then occur. Such effects are complications that we are not
investigating with the present simple model.

In the previous calculations using a dry quartz crustal rheology,
X, =X, except for extremely thick crust. That is, decoupling of
the upper crust and upper mantle rarely occurs (although in some
calculations, x, and x,, are occasionally offset by 1 or 2 grid points
for a few times steps, we do not consider this significant in terms
of decoupling). This is because dry quartz is relatively strong and
has a high effective viscosity. Because of this, the shear stress is
relatively large and when integrated over even small distances re-
sults in a large amount of extra force required.

If wet quartz is used for the crustal rheology, however, the
viscosity is much lower and the corresponding force required to
shear the lower crust is much less. Decoupling is common and
the upper crust often deforms independently of the upper mantle.
An example of such a calculation is shown in Figure 10. Here the
straining region in the mantle stays fixed, while the crust is ex-
tending as a wide rift. Figure 11 shows that the surface observ-
ables (heat flow, topography, and strain) are indistinguishable
from the wide rift case using a dry quartz crust. This is so even
though the overall evolution of the lithosphere is very different.
In particular, the mantle straining region stays fixed. The conduc-
tive timescale for the heat flow anomaly due to the mantle strain
to reach the surface is roughly 10 m.y. Thus a heat flow anomaly
is not seen over the area until several millions of years after the
initiation of rifting. As in all the previous calculations, eventually
a transition to narrow rift mode occurs. A plot of the trajectory
through time is shown in Figure 12. Again, the mode boundary is
more of transition zone rather than a sharp boundary.
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Figure 7. Time evolution of a calculation that begins in core complex mode. The initial crustal thickness is hy = 45
km and the initial surface heat flow is Q; = 85 mW/m2. Core complex mode lasts until between 6 and 8 m.y. at
which time a transition to wide rift mode occurs. Note that the crust thins everywhere even though the imposed
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Figure 8. Plot of instantaneous heat flow, strain, topography, and force balance at 4 m.y. and during core complex
mode of the calculation in Figure 7. Here the sum of the crust and mantle yield stresses and thermal buoyancy
forces exceeds the crustal buoyancy force and the straining region remains fixed. The overall crustal thinning as
measured by B is small while high strains build up on the surface. The core complex is also marked by a pro-

nounced heat flow anomaly.

As the lower crust cools due to thinning, the shear force also
increases so that eventually the crust should couple to the mantle.
When this happens, the rift localizes at x,, because the mantle has
been thermally weakened at this location. This is unlike the dry
quartz case where the site of localization is essentially random. In
the model, a symmetric rift develops because we force the mantle
to begin straining in the center of the model lithosphere. If there
is a preexisting weakness in some other location, however, an
asymmetric rift could develop with wet quartz as well, though the
asymmetry would be controlled by the mantle.

Discussion
Decoupling

One of the important additions to the model is that we allow for
the crust and mantle to deform independently, though they me-
chanically interact by shearing the lower crust. Since Brace and
Kohlstedt [1980] demonstrated that the lower continental crust

should be very weak in the sense that the yield stresses are very
low, many have assumed that such a weak lower crust enables the
upper brittle crust to decouple from the upper mantle. Here we
have addressed this by considering some simple physics that
would allow this to happen. Our formulation is similar to that of
Braun and Beaumont [1989b] and the shear stress due to decou-
pling is implicitly included in more complete formulations of
lithospheric extension such as Dunbar and Sawyer [1989a] and
Harry and Sawyer [1992]. One advantage to the present model,
however, is that we can do calculations relatively quickly and so
can map out under what conditions shear decoupling can be ex-
pected and thus determine its importance in understanding conti-
nental extension.

The model shows that shear decoupling, whereby the upper
crust strains at a location laterally displaced from where the
mantle lithosphere strains, is difficult to achieve except for the
most extremely weak rheologies. In these calculations, a crustal
layer of dry quartz is only able to decouple for a restricted range
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of lower crustal conditions. Only for wet quartz is it relatively
easy for decoupling to occur. This result is not entirely
inconsistent with those of Braun and Beaumont [1989b] or
Dunbar and Sawyer [1989a]. In those calculations, decoupling
only appears to be "easy” when relatively weak rheologies are
considered. In the Dunbar and Sawyer {1989a) and Harry and
Sawyer [1992] calculations, deformation in the laterally offset
crustal weak zone can only occur for a short period of time before
the shear stresses in the lower crust force the upper crust to couple
to the upper mantle, Their lower crustal rheology is similar to the
dry quartz case considered here. For much stronger, and probably
more reasonable, lower crustal rheologies such as anorthosite,
diabase, or pyroxene, we were not able to get decoupling as
defined here.

There are two important factors to consider that relate to
shearing the lower crust. The first is of course the effective
viscosity, and the second is the {; length scale. In the dry quartz
case, even though the viscosity at the base of the crust is small,
the {y length scale is also small, so that the differential movement
of the plates above and below the lower crust must shear a very
thin region and the shear stresses are correspondingly very large.
Thus a weak lower crust is not a sufficient condition for
decoupling. The weak layer must also be thick. For wet quartz,
the criteria for a thick channel and low effective viscosity is
nearly always met and decoupling is therefore common.

The possibility of decoupling requires a change in definition of
wide rift mode. Wide rift mode occurs when the force needed to
continue straining the lithosphere at a particular location in-
creases. It is assumed that when this happens, the region of active
deformation will migrate to a location where the total force to de-
form is less. Buck [1991] thus defined a Goetze number that is
the ratio of force changes due to crustal buoyancy and the force
changes due to yield strength:

dF,,
—dFy,
where dF, includes yield stresses in both the crust and mantle
and thermal buoyancy effects are ignored. The term dF, will
always be positive while dF,, will be negative if the strain rate is
fast enough that conductive cooling can be ignored. Wide rift
mode occurs when the change in buoyancy force is larger than the
change in yield strength, that is, Gz > 1.

Here we consider the crust and mantle independently and the
balance of forces is slightly different because of the shear stress in
the lower crust. In addition, because here we consider a two-di-
mensional model, the definition of dF is subtly different than that
of Buck [1991). As stated earlier, dF is the difference in force re-
quired to deform the lithosphere within an actively straining re-
gion and the force required outside of the region. If we ignore the
mantle, the criteria for wide rift mode is then dFy, > ldF, | + F,
where dFy,, represents only the yield stresses in the crust and fast
strain rates are again assumed. In general then, the Goetze

Gz= (10

number can be redefined as
dF,
Gg=—r— < F,>|dF no decoupling,
—(chys + dmes) i | ™ pine
(11
Gz= _ e F, < |dF I decoupling
—dF oy + Fy v mys ’

where dF,, is the difference in force due to yield stresses in the
mantle. In the first case the shear force in the lower crust is
greater than the force required to deform the mantle and decou-
pling cannot occur. The mantle and crustal straining regions are
constrained to be at the same lateral position. In the second case
the shear force is small and so decoupling can occur. Because
dF,,; is negative for fast strain rates (as above for dF,,), the
mantle straining region will remain fixed while the crust deforms
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Figure 10. Time evolution of a calculation assuming a wet quartz crustal rheology. The initial crustal thickness is
ho = 35 km and the initial surface heat flow is Q; = 72 mW/m?. Here the force required to shear the lower crust is
very small and the crust and mantle decouple. The mantle straining region stays fixed while the crust deforms in
wide rift mode. Shaded areas show the regions of imposed pure shear strain. Both horizontal and vertical axes are
scaled to km.
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Figure 11. Plot of instantaneous heat flow, strain, topography and force balance at 10 m.y. for the calculation in
Figure 10. The dot-dashed line is the shear force as a function of distance away from where the mantle is straining.
Note that if coupling were assumed, the mantle force changes would dominate and wide rift mode would not occur.
Because of the low shear stresses, the mantle is not considered in determining the mode of deformation in the crust.
Even though the crustal buoyancy force is very small, there is so little strength in the crust that this buoyancy force

is enough to cause wide rift mode.

in wide rift mode. Essentially, the crust can only decouple when
there is something to decouple from. Under many thermal condi-
tions where the lower crust is weak enough that it can shear at low
stress, the lithospheric mantle is also quite hot and is therefore
very weak.

Margin Width and Asymmetric Margins

Table 3 lists several rifted passive margins and their widths,
defined as the total width of thinned continental crust. While not
an exhaustive compilation, the list represents a reasonable
sampling of rift margins around the world. It is possible to
classify them into two categories. Narrow margins are defined as
those less than 100 km wide while wide margins are broader than
this. Clearly, the margin width will be related to the dominant
mode of extension prior to breakup and the onset of seafloor
spreading.

One important caveat that should be emphasized about this
compilation is that a rifted margin represents only part of the total

prerift structure. Conjugate margin pairs should be studied to de-
termine the total area of continental lithosphere that experienced
extension. This is because the margin width and mode of exten-
sion is closely related to the question of asymmetric extension and
breakup. Dunbar and Sawyer [1989b] analyzed a much more
comprehensive compilation of conjugate margin profiles along
the central and north Atlantic Oceans and the Labrador Sea. They
recognized two distinct classes of conjugate margin segments,
which are very narrow and symmetric margins and very wide (2-3
times more extension that on narrow margins) but asymmetric
margins. In this model, narrow rift mode is associated with nar-
row symmetric pairs, whereas wide rift and core complex mode
are associated with more complex geometries. With regard to our
simplistic division of margins into narrow and wide, it should be
noted that narrow margins may simply be related to a wide rift
that breaks toward the side as in Figure 5 and mentioned earlier.
Here we argue that the mode of extension is controlled
primarily by the average crustal thickness and average thermal
state of the model lithosphere. Gravitational stresses that arise
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Figure 12. Time evolution in crustal thickness/surface heat flow space of the calculation in Figure 10. Modes
based on the initial condition are shown as well (from Figure 3b).

due to crustal thickness changes are responsible for causing the
locus of extension to migrate to other areas. Consistent with
many previous models of extension [e.g., Sonder and England,
1989; Bassi et al., 1993], this buoyancy force is only important
when the lithosphere is thin or the crust is very thick. Otherwise,
the integrated yield stresses dominate the force balance and
control the evolution of extension. In our model, wide rifts are

Table 3. Widths of Selected Rifted Margins

associated with thick crust and/or thin lithosphere, whereas
narrow rifts are associated with thin crust and/or thick lithosphere.
It is distinct from previous models such as England [1983] and
Kusznir and Park [1987] in that wide rifting does not require slow
strain rates. In those models, conductive cooling must dominate
so that yield stress increases and the replacement of weak
continental lower crust by strong upper mantle cause a net

Width, km Reference

Atlantic Margins

West Galicia Margin 250 Sibuet [1989]

Amorican Margin 125 Sibuet [1989]

Southeast Greenland 30-60 Larsen [1990]

U.S. East Coast 200-500 Klitgord et al. [1988]

Goban Spur >250 Sibuet [1989],

Keen, et. al. [1989]

Australian Margins

Exmouth Plateau 200 Mutter et al. [1989]

Cuvier margin <65 Hopper et al. [1992]

Naturaliste Plateau 200-300 Falvey and Mutter [1981]

Ceduna Platean 200 Falvey and Mutter [1981]

Southeast Australia 200-300 Falvey and Muzter [1981]

Etheridge, et al. [19871

Other Rifted Margins

Gulf of Valencia 300 Jannsen et al. [1993]

Eastern Madagascar <50 Storey et al. [1995]

Red Sea Rift <50 Martinez and Cochran [1988]

South China Sea >250 Spangler [1992]

In this context, the width of the margin is defined as the approximate extent of rifted

continental crust.
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strengthening of the thinning area and so strain migrates out to the
edges. The fact that these margins eventually develop into
seafloor spreading systems also argues against yield stress
increases being important because final breakup would require a
sudden change in boundary conditions that would allow for
weakening to dominate. In contrast, the model presented here
predicts that crustal thinning causes a transition from wide rift to
narrow rift as extension evolves. A gradual transition to narrow
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rift occurs as the crust thins and eventual extreme necking (and
presumably breakup) does not require any sudden change in
applied force or boundary conditions.

Because of the differences in lithospheric thickness associated
with wide rifts and narrow rifts, surface heat flow should be one
way to help distinguish between the two. Figure 13 compares the
measured surface heat flows for two rifts. The South China Sea
margin is a broad zone of thinned continental crust [Spangler,
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Figure 13. Comparison of surface heat flow values over (a) a wide rifted margin and (b) an active narrow rift. For
comparison, the solid lines are the surface heat flow values for model calculations that deformed in wide rift mode
and narrow rift mode. For Figure 13a, the South China Sea data are from Nissen et al. [1995]. Grey dots are heat
flow values in their central transect, open squares are their eastern transect, and solid squares are their western tran-
sect. Zero on the horizontal axis represents the continent-ocean boundary. The model calculation assumes an initial
lithospheric width of X; = 500 km, a high initial surface heat flow of 78 mW/m?, and an initial crustal thickness of
42 km, which is the thickness of the onshore Huanan and Yangzi provinces [Yu, 1990]. The calculation ran for the
equivalent of 22 m.y. before localizing into a narrow rift. For Figure 13b, the northern Red Sea data are from Buck
et al. [1988] and Morgan et al. [1985]. The model calculation differs from the previous only in the assumed initial

surface heat flow, which is 52 mW/m?,
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1992; Nissen et al., 1995]. The heat flow over the margin is quite
high (80 - 90 mW/m?2) even though rifting ceased 10 to 20 m.y.
ago. This is in contrast to the very narrow Red Sea rift where the
heat flow over the margins is very low even though active rifting
is occurring today [Martinez and Cochran, 1988]. For compari-
son, model runs that begin in wide and narrow rift mode are
shown on both plots. In the narrow rift mode calculation, the sur-
face heat flow quickly drops to background levels within a few
tens of kilometers of the rift, much like the Red Sea example.
The "margin" of the wide rift mode calculation, however, shows a
broad residual thermal anomaly much like that observed over the
South China Sea margin. We suggest that the initial condition of
the South China Sea area was anomalously warm at the time of
rift initiation. This is consistent with the conclusions of Nissen et
al. [1995], which are based on extensive geophysical data and
simple model calculations. Because the spreading rates were
fairly high in the South China Sea, it is unlikely that conductive
cooling was an important process, and we argue that a buoyancy
force, rather than an increase in integrated yield stress, was re-
sponsible for wide rifting.

In many of the calculations where wide rift mode occurred, the
final margins predicted by the model are often asymmetric. For
dry quartz rheology, the location where the rift finally localizes is
determined by where the lithosphere happens to be straining at the
time the mode boundary from wide rift to narrow rift is crossed.
In our formulation of the problem this process is essentially ran-
dom and there is no preferred area in the model where the rift lo-
calizes. In contrast, Dunbar and Sawyer [1989b] suggest that
breaking toward the side of a wide rift is analogous to extensional
failure in a ductile metal plate where failure occurs at the side be-
cause the stress field there deviates from uniaxial tension.
However, such a stress field cannot be considered using our ap-
proximations to the force balance.

For the much weaker wet quartz rheology, the final rift was
symmetric. This is primarily because the region where necking
localizes is controlled by a pronounced thermal weakening in the
mantle at the center of the model lithosphere. The process is
therefore no longer random as for the stronger rheologies. Of
course one could imagine a prerift lithospheric structure that
involved weak crust only to one side of a pronounced mantle
weak zone that could create rift asymmetries with wet quartz as
well. This would then be analogous to the models of Dunbar and
Sawyer [1989a], who suggested that one way to produce
asymmetry is if there are laterally offset preexisting weaknesses
in the crust and mantle at the onset of extension. There has been
some debate, however, about whether or not such offset
weaknesses are required. Govers and Wortel [1993] investigated
models that did not directly have preexisting weaknesses and
concluded that asymmetries can develop in continental
lithosphere that has been thickened rapidly relative to the thermal
time constant of the lithosphere and if the compressive force
switches rapidly to an extensional force. In the current model,
asymmetry is instead related to the mode of deformation and the
rheology of the lower crust. In this sense it differs from the
previous models in that asymmetries can be produced without any
a priori assumptions about the structure of the area and without a
change in boundary conditions or driving forces. We do not
dispute the importance of such factors in understanding the
tectonic history of specific areas, but it is important to note they
are not required to produce asymmetry in a rift system.

Conclusions
Here we have presented a two-dimensional model that
examines the effects of a weak lower crust on the evolution of
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continental extension and the formation of rifted passive margins.
Crustal thickness variations induce horizontal pressure gradients
at the base of the crust that can drive flow when the lower crust is
sufficiently weak. The model uses thin sheet approximations to
estimate the forces required to cause deformation, but the overall
flow field includes velocity gradients due to lower crustal flow.
The model builds upon the work of Buck [1991] who defined
three basic modes of extension depending on whether or not the
total force in a rifting region increases or decreases and on the ef-
ficiency of lower crustal flow. Narrow rift mode is predicted
when the total force decreases but the lower crust is too strong to
flow easily. Wide rifts are expected when crustal buoyancy
forces are dominant thus making continued extension in one loca-
tion more difficult. Core complex mode occurs when the lower
crust is very weak and flows easily so that crustal buoyancy
forces never build up. In this case, the rift stays fixed, but strain
in the lower crust is distributed over a broad area.

One of the important new aspects of the model is that the
forces in the crust are treated separately from the forces in the
mantle. We consider the possibility that the crust and mantle can
decouple, but they interact by shearing the lower crust. This
represents an additional term in the force balance because enough
force must be applied to cause shear in the lower crust.

The model demonstrates several important points. First, all the
modes predicted by Buck [1991] are seen in the calculations. Asa
rift evolves, the crust thins and the heat flow increases and it is
possible for mode transitions to occur. The mode boundaries de-
fined on plots of crustal thickness and heat flow are not sharp
boundaries, but instead mark areas where transitional behavior is
expected. In many of the calculations, the full transition between
different modes requires several million years.

Second, only for exceptionally weak crustal rheologies does
decoupling occur. When decoupling does occur, the mantle forces
are effectively removed from the force balance that determines
whether or not the straining region in the crust should migrate.
This results in a significant change in the predicted modes of be-
havior for extremely weak rheologies. In the coupled calculations
it was predicted that there should be no wide rift mode. Here
however, wide rift mode for weak rheologies is common. In gen-
eral, if the force required to shear the lower crust exceeds the
force required to strain the mantle, then the crust and mantle stay
coupled even though the yield stresses in the lower crust are very
small. The channel thickness, as well as the effective viscosity,
must be considered in the decoupling problem.

Last, the model is capable of reproducing some major features
of real passive margins. In particular, wide margins are simple to
produce under rifting conditions that should lead to breakup.
Such margins are predicted to be associated with relatively high
heat flows, as is the case in the South China Sea. In addition,
asymmetries commonly develop in models that undergo wide rift
mode extension. Thus, asymmetric conjugate margin pairs can be
produced without requiring preexisting weaknesses in the crust
and mantle that are offset from each other.
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