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ABSTRACT 
 
Array analysis of body-wave seismic noise has the potential to be very useful in improving body-wave tomography 
of Earth structure, just as noise cross-correlation methods have recently proven successful in surface-wave 
tomography. Beamforming of seismic noise recorded in southern California reveals P-wave arrivals from distant 
storms in open oceans. In this case, the noise can be processed using cross-correlation among different station pairs 
and optimal P-wave relative arrival times can be estimated using the same approach traditionally used to analyze 
earthquake arrival times.  
 
Using three storms in the Gulf of Mexico, the Western Pacific (near Japan), and the South Pacific (near Fiji) 
respectively, we demonstrate that travel-time anomalies can be obtained from P waves generated by a distant storm, 
and that they are similar to those obtained from using an earthquake close to the storm. Our results suggest using 
oceanic storms as additional seismic sources for resolving P-wave travel-time anomalies. 
 
The accurate identification of P-wave microseism source areas is also useful to monitor ocean wave-wave 
interactions due to tropical cyclones. Nonlinear wave-wave interactions generate double-frequency (DF) 
microseisms, which include both surface waves (mainly Rayleigh-type) and compressional (P) waves. Although it is 
unclear whether DF surface waves generated in deep oceans are observed on land, we show that beamforming of 
land-based seismic array data allows detection of DF P waves generated by ocean waves from Super Typhoon Ioke 
in both pelagic and coastal regions.  
 
Two distinct spectral bands associated with different P-wave source locations are observed. The short-period DF 
band (0.16–0.35 Hz) is dominated by P waves generated in the deep ocean by local wind seas under the storm. In 
contrast, P waves in the long-period DF band (0.1–0.15 Hz) are weaker and generated closer to the coast of Japan 
from swell interactions. 
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OBJECTIVES 
 
Our objective is to seek turning storm-generated body-wave seismic noise into relative arrival time estimates, and 
thus improving traditional body-wave tomography by filling the azimuthal gaps of seismic sources. We also tend to 
determine if deep-ocean source areas of microseismic P waves can be definitively identified using  
frequency-domain beamforming of land-based seismic array data, and to distinguish distinct SPDF and LPDF  
P-wave microseism source areas through spectral analysis of the beamformer outputs.  
 
RESEARCH ACCOMPLISHED 
 
Resolving P-Wave Travel-Time Anomalies using Seismic Array Observations of Oceanic Storms 
 
This section is based on Zhang et al. (2010a). Since the pioneering studies by K. Aki and colleagues in the mid 
1970s (Aki et al., 1976, 1977; Husebye et al., 1976), teleseismic P-wave travel-time anomalies derived from using 
earthquakes have been providing the data for inferring three-dimensional (3-D) velocity heterogeneities beneath 
seismic networks or arrays, i.e., regional/local body-wave tomography. However, inhomogeneous data coverage, 
particularly the absence of both earthquakes and seismic instruments in many open oceans, has long been a 
challenge for seismic imaging. For teleseismic body-wave tomography, this may result in poor coverage of certain 
directions. Studies of phase delay times across southern California, for instance, have been hampered by azimuthal 
gaps to the south and northeast (e.g., Humphreys and Clayton, 1990; Polet, 2007). Thus, additional seismic sources, 
if available, could help fill azimuthal gaps in the data. An alternative to earthquakes (and/or controlled sources) is 
storms. Hiding in microseisms there are non-pulse-like yet coherent P waves that are generated by oceanic storms, 
which can be revealed by seismic array observations. P waves from storms have been reported as early as in the late 
1960s (Toksoz and Lacoss, 1968; Lacoss et al., 1969; Haubrich and McCamy, 1969), but then received little 
attention until Hurricane Katrina “hit” California and Gerstoft et al. (2006a) were able to characterize and  
back-project the hurricane-generated P waves with beamforming of seismic noise recorded at the Southern 
California Seismic Network (SCSN). Modern array techniques now have allowed the accumulation of more 
observations of P waves that can be associated with sea states and even specific storms (Gerstoft et al., 2008; Koper 
and de Foy, 2008; Landes et al., 2008; Koper et al., 2009; Zhang et al., 2009).  
 
Noise cross-correlation (NCC) of coherent P waves such as those observed in Gerstoft et al. (2006a and 2008) at the 
SCSN can therefore be used to measure the time lag of P arrivals between a pair of stations, and thus lead to 
estimates of relative P-wave arrival times across an array from distant noise sources. These relative arrival times, if 
accurate enough, contain information about seismic velocity anomalies under the array. This suggests that it may be 
possible to supplement earthquake data with P-wave microseisms from areas of active storms, for performing 
regional body-wave tomography of crust and upper-mantle structure. It should be noted that NCC processing has 
recently become popular in extracting Green’s functions from seismic noise (Shapiro and Campillo, 2004; Snieder, 
2004; Wapenaar, 2004; Sabra et al., 2005a), which has made possible the use of ambient noise for surface-wave 
tomography (Shapiro et al., 2005; Sabra et al., 2005b; Yao et al., 2006, 2008; Kang and Shin, 2006; Yang et al., 
2007, 2008; Moschetti et al., 2007; Lin et al., 2007, 2008; Liang and Langston, 2008; Zheng et al., 2008).  
 

Figure 1. Locations of the SCSN, Hurricane Katrina (schematic), an Mw 5.9 earthquake on 
September 10, 2006, Super Typhoon Ioke (schematic), an Mw 7.0 earthquake on November 
14, 2005, a South Pacific storm (schematic), and an Mw 6.9 earthquake on October 19, 2008. 
The dashed lines indicate the great circle paths of the P waves from the storms to the SCSN. 
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We demonstrate in this paper that the delay times measured from NCC processing of P waves from storms, which 
are “bias events” in terms of extracting Green’s function for surface-wave tomography, can in fact provide  
travel-time anomaly information for teleseismic body-wave tomography. In particular, we identify and characterize 
the direct P-wave arrivals observed at the SCSN from three storms (see Figure 1) – Hurricane Katrina in the Gulf of 
Mexico, Super Typhoon Ioke in the Western Pacific (near Japan), and a storm in the South Pacific (near Fiji). We 
then validate the basic approach by following VanDecar and Crosson (1990) to obtain relative arrival times. For 
each storm we calculate the P-wave travel-time anomalies beneath southern California, and compare the result with 
that derived from using an earthquake close to the storm. It is noteworthy that these storms are at relatively great 
distances from the SCSN (~ 27–78o), so that the P-wave arrivals can be approximated as plane waves, just as is 
commonly done when using earthquakes in teleseismic tomography.  
 
Our analysis starts with array beamforming for identifying P-wave arrivals in seismic noise, as well as their sources. 
We use continuous vertical-component data (sampled at 1 s) recorded at the SCSN for the time window covering 
Hurricane Katrina’s landing (August 28–29, 2005), and also for the whole year of 2006. Note that a 1-s sample rate 
allows faster beamforming yet is sufficient for identifying coherent microseisms. The data are truncated to no more 
than half of the daily standard deviations to mitigate contamination from occasional large-amplitude events  
(e.g., earthquakes). Beamforming is done within each 3-hour window for each 0.02-Hz bandwidth (details in 
Gerstoft et al., 2006a, 2008). By comparing the beamformed source regions with the ocean-wave hindcast data 
(Tolman, 2005), many P-wave events in the microseisms during 2006 are found to be due to specific storms. These 
storms, plus Katrina, serve as candidates for the NCC processing. For each storm we then compute the NCC time 
series (time lags up to 400 s, using data sampled at 0.05 s) among all station pairs and construct range-time plots to 
show propagating waves. Note that the ranges are the station separations projected along the storm direction, 
obtained from the beamformer output. We use a passband of 0.18–0.25 Hz for the NCC processing, in order to focus 
on the P-wave microseisms. 
 

Figure 2. Delay- time measurements from using Hurricane Katrina. (a) SNR vs. station-separation 
(projected along 100o). The vertical line indicates a SNR of 9. (b) Range-time representation 
of the noise cross-correlation (NCC) time series for sample station pairs with SNR > 9. Dots 
in (b) mark the delay-time measurements (offsets of the NCC peaks) of P waves for each 
pair of stations. The thick line indicates an 11.8 km/s plane wave. 

 
A typical storm suitable for travel-time analysis should reach a sufficient signal-to-noise ratio (SNR) for its NCC 
peaks, so as to show up as an apparent propagating wave associated with its P-wave speed from beamforming. We 
define the SNR as the ratio of the peak in the P-arrival window (+/- 20 s of the plane-wave arrival as derived from 
beamforming) to the standard deviation for a “noise-only” window (300–400 s of an NCC time series). For example 

2010 Monitoring Research Review: Ground-Based Nuclear Explosion Monitoring Technologies

234



  

in Fig. 2b, a propagating P wave from Katrina can be clearly seen in the range-time representation of the NCC time 
series of 400 station pairs (only a fraction is shown) with a SNR above 9, calculated for 1-day data (UTC 18:00 
August 28 to UTC 18:00 August 29, 2005). Besides the SNR criterion, we apply a cutoff range over 100–400 km, 
given that there is an ambiguity between P-wave and coastal surface-wave arrivals at shorter ranges, and that times 
at longer ranges may not be well represented by the plane-wave assumption. In addition to Katrina, we have 
collected two more storms in 2006 (Fig. 1) for performing relative arrival-time measurements. For each of them, the 
P-wave delay time of each station pair is simply the offset of the maximum of the NCC function, e.g., see the dots in 
Fig. 2b. Instead of 1-s data for beamforming analysis, however, here we use the data sampled at 0.05 s for picking 
the peak times of the NCC functions, in order to obtain the delay-time estimates with a higher precision. Moreover, 
we select only delay-time measurements within +/- 2 s relative to the plane-wave arrival times approximated by the 
beamforming result. This criterion can remove large outliers, yet still covers the magnitude of typical regional 
travel-time anomalies. 
 

Figure 3. Least-squares residuals and uncertainty estimation in differential times obtained from 
using Hurricane Katrina. (a) Histogram of equation residuals derived from the best-fitting 
solutions, showing a Gaussian-like distribution. The curve indicates a fitted normal 
distribution. (b) Bootstrap-resampling derived timing uncertainties of the P-wave relative 
arrival times for each station. 

 
Our approach of determining travel-time anomalies follows VanDecar and Crosson [1990]. We optimize relative 
arrival-time estimates through using least squares to solve an overdetermined system of delay-time equations, 
assuming that errors in the NCC derived delay times are primarily random in nature. For station pairs with a 
sufficient SNR, we generate equations given by ti  t j  tij . This system is expressed as A  t t . A  is a 

M N  sparse coefficient matrix, where M  is the number of equations and N  is the number of stations. The ith  

and j th  columns of A  in a row associated with tij  are 1 and -1 respectively, while the other columns are zeros, 

and we add the constraint equation ti  0  to force the arbitrary mean of the relative arrival times to be zero. Note 

that N  M  (N 1) N 21, as only the pairs with SNR above a certain criterion are used. A standard  

least-squares fit t est  A  t , where the pseudoinverse A  (AT  A)1  AT
, can be found by applying 

singular value decomposition (SVD) and truncating small singular values. We repeat the procedure by removing 
outliers, i.e., the station pairs with a residual over 3 times the standard deviation of all residuals. Typically a stable 
solution is obtained after 4 iterations. For large systems in which SVD becomes computationally impractical, 
iterative methods such as the conjugate gradient algorithm LSQR of Paige and Saunders [1982] can be used to find 

the solution t est
. 

 

We have found that the equation residuals resij tij (ti
est  t j

est) derived from the best-fitting solutions are nearly 

Gaussian-type distributed. An example is shown in Fig. 3a for the Katrina result. This suggests that the least-squares 
solutions can provide reasonable estimates of the relative arrival times. In addition, to evaluate the accuracy of the 
least-squares estimates of the relative P arrival times using seismic noise, we perform a statistical resampling 
analysis (i.e., the “bootstrap” method, Efron, 1982; Shearer, 1997; Waldhauser and Ellsworth, 2000) by replacing 

2010 Monitoring Research Review: Ground-Based Nuclear Explosion Monitoring Technologies

235



  

the equation residuals with a randomly chosen set of residuals from the best fitting solutions. The process is then 
repeated 200 times, and the standard deviation of these bootstrap outputs provides an estimate of the timing 
uncertainty for each station. Fig. 3b shows, for an example of the Katrina, that a level of 0.1 s in timing errors can be 
reached, which should be sufficient for resolving typical P-wave travel-time anomalies on the order of 1 s. 
 

 
Figure 4. Delay-time measurements from using EQ 2006/09/10. (a) Waveforms of the P-wave arrivals 

at the sample SCSN stations from EQ 2006/09/10. Dots mark the ak135-predicted travel 
times at each station. (b) Range-time representation of the earthquake waveform  
cross-correlation time series for sample station pairs. Dots mark the delay-time 
measurements (offsets of the cross-correlation peaks). 

 
To demonstrate the accuracy of the approach for using P-wave noise from the three storms, for each one we find an 
appropriate earthquake (Fig. 1) that is close to the storm and big enough to produce clear P pulses at the SCSN 
stations. We process the earthquake data in the same manner as described above. The principal difference to the 
NCC processing is that the cross-correlation using the earthquake signals takes advantage of the waveform similarity 
of the direct P arrivals in a short time-window, unlike using non-pulse-like noise, which requires coherence in a 
relatively long time-window. An example range-time plot of pulse-like P-wave arrivals and the waveform  
cross-correlation traces (only a fraction) is shown in Fig. 4 for an earthquake near Katrina (EQ 2006/09/10).  
 
We then compare the results obtained from using storms and earthquakes respectively, for the relative P-wave 
arrival-time estimates, and accordingly for the P-wave travel-time anomalies as well. Anomalies are calculated as 
the zero-mean difference between the relative arrival-time estimates and the modeled relative arrival times. Upon 
choosing a reference arrival-time model, an earthquake can be regarded as a point source and thus the modeled 
arrival times can be calculated using the earthquake location and a standard Earth model, e.g., ak135 (Kennett et al., 
1995). When using a storm, the source point of its peak P-wave energy may be approximated by the location of the 
peak beam power. Thus the modeled arrival times can be calculated in the same way as is used for an earthquake. 
Alternatively the azimuth-slowness beam can provide a plane-wave reference model of the relative arrival times 
from a storm, without the need for a precise source location. We have noticed that the two methods result in very 
similar anomaly patterns. 
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The first comparison is shown in Fig. 5 for Hurricane Katrina (~ 27o away from the SCSN) and an Mw 5.9 
earthquake that occurred in the Gulf of Mexico on September 10, 2006 (see Fig. 1 for the storm and earthquake 
locations). The relative P arrival times estimated by using Katrina noise and their residuals relative to a plane-wave 
arrival (with an apparent speed of 11.8 km/s and a back-azimuth of 100o) are shown in Figure 5a and c respectively. 
Similarly, the estimates using the earthquake and their residuals relative to the ak135-predicted arrival times are 
shown in Figure 5b and d respectively. It can be seen that the travel-time anomalies obtained from using  
Katrina-generated P waves are well correlated with those from an earthquake in the same source region. For 
example, the slow anomalies at the Mojave Desert side of the San Andreas Fault (SAF) and the Los Angeles basin 
(see Fig. 5f for the basic geological features) are observed both from Katrina (Figure 5c), and EQ 2006/09/10 
(Figure 5d). To quantify this, the correlation coefficient between the two anomaly patterns is 0.62, with a 
significance level over 99%, calculated by using the noise vs. earthquake anomalies at 80 common stations (see also 
a scatter-plot in Figure 5e). 

 
Figure 5. Relative P arrival times in southern California as determined by using (a) Katrina, 

compared with those as determined by using (b) EQ 2006/09/10. Maps are also shown for  
P travel-time anomalies obtained from (c) subtracting a plane wave (100o in back-azimuth 
and 11.8 km/s in speed) from the NCC-derived arrival times in (a), compared with those 
obtained from (d) subtracting the ak135-predicted arrivals of EQ 2006/09/10 from the  
EQ-derived arrival times in (b). The used stations (triangles) and the San Andreas Fault 
(SAF) trace (dashed) are indicated in the maps. Arrows indicate the direction of the  
P-wave arrivals. (e) Scatter plot of EQ-determined anomalies vs. noise-determined 
anomalies at all common stations. (f) A topographic map showing the basic geological 
features of southern California. 
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We find that this approach also works well for storms at longer distances. The second example is given in Fig. 6 by 
repeating the above procedure for Super Typhoon Ioke during September 5, 2006, which was ~ 75o away from the 
SCSN. Ioke appears in the beamformer output with a slowness of 0.051 s/km (19.6 km/s) and a back-azimuth of 
300o. An Mw 7.0 earthquake near Japan on November 14, 2005 (Figure 1) is used to show a comparison of its  
P-wave relative arrival-time estimates with those obtained from using Ioke-generated P waves. Lastly we show in 
Fig. 7 the anomaly pattern from using a South Pacific storm (~ 78o away from the SCSN) during July 1, 2006, 
compared with that from an Mw 6.9 earthquake near Fiji on October 19, 2008, (Figure 1). This South Pacific storm 
appears in the beamformer output with a slowness of 0.05 s/km (20 km/s) and a back-azimuth of 228o. In Figures 6 
and 7 respectively, once again a good correlation between the noise- and earthquake-derived anomaly patterns is 
directly visible in the map and quantified in the scatter plot. Typical agreement can be seen over regions such as the 
Great Valley, the Transverse Ranges, and the Salton Trough, further proving that P-wave travel-time anomalies can 
be resolved by using storms. Although beyond the scope of this work, one may also notice the large variation of the 
anomaly pattern obtained from events (either storms or earthquakes) with different directions and/or distances. 
Across the Salton Trough, for instance, Figure 6 shows fast anomalies whereas a slow pattern can be seen in  
Figure 7. Such differences can be used to image the heterogeneities at depth using tomographic inversion methods. 
 

Figure 6. Comparison of the result from using (a) Super Typhoon Ioke with that from using (b) EQ 
2005/11/14, and thus their scatter plot (c), similar to Fig. 5c – e.  

 

Figure 7. Comparison of the result from using (a) a South Pacific storm with that from using (b) EQ 
2008/10/19, and thus their scatter plot (c), similar to Fig. 5c – e.  
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Pelagic and Coastal Sources of P-Wave Microseisms: Generation under Tropical Cyclones 
 
This section is based on Zhang et al. (2010b). Strong coherent P waves generated under Super Typhoon Ioke  
(Figure 8a) are revealed and traced back to their origin locations via array beamforming of the microseisms recorded 
at the SCSN and the Hi-net respectively. First we focus on the SPDF band (about 0.16–0.35 Hz), as the power of  
P-wave beams peaks around 0.2 Hz. Tests show that P-wave energy is below the array noise floor at frequencies 
greater than 0.35 Hz. The trace of P-wave source locations, derived from using data at the SCSN, follows the path of 
Ioke (Figure 8b; typical beamformer output is shown in the insert). The source locations can also be identified using 
data from 79 southern stations of the Hi-net (Figure 8c), although the precision is relatively poor, in part due to the 
array geometry and the relatively short distance of Ioke from the array. Comparison of the P-wave source paths with 
the track of Ioke indicates that these P waves originated in the deep ocean near Ioke. This provides evidence that 
nonlinear wave-wave interactions in deep oceans generate P-wave microseisms that can be observed by land 
stations. 
 

 
Surface waves might be generated in deep water near Ioke. A strong localized cyclone that has not yet interacted 
with the coast should provide a likely scenario for deep-water generation of SPDF surface waves. Deep-water SPDF 
P waves from Ioke were observed in this study, and Bromirski et al. (2005) observed deep-water SPDF microseisms 
at the ocean bottom. However, and in contrast, deep-water generated surface waves from Ioke were not identified 
with the land array data, consistent with studies indicating that non-coastal DF surface-wave microseisms are not 
observed at land stations (Bromirski, 2001; Bromirski and Duennebier, 2002; Gerstoft and Tanimoto, 2007). 
 

 

Figure 8.  Pelagic P-wave 
microseism sources tailing 
Super Typhoon Ioke. (a) 
Locations of the two 
arrays (SCSN and Hi-net, 
red), and the best-track of 
Super Typhoon Ioke 
(August 22 – September 7, 
from National Hurricane 
Center 
http://www.nhc.noaa.gov/) 
with wind speed indicated 
(color scale) and a 
schematic of P-wave ray 
paths from Ioke to 
California and Japan 
(insert). (b) Tracks of Ioke 
(blue) and Ioke-generated 
SPDF P-wave sources 
(red) using the SCSN 
stations. Locations of  
P-wave sources (*) and 
storm centers (o) are 
marked every second day. 
The insert shows P-wave 
beamformer output on 3 
September. (c) Similar to 
(b), but for the 
beamformer outputs 
(September 1–7) from 
using 79 of the 
southernmost Hi-net 
stations. 
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Although the source locations of SPDF P waves correlate well with the track of Ioke, they do not necessarily 
coincide with the locations of the storm center. Despite beamforming bias due to Earth structure heterogeneity, the 
locations of the P-wave peak beam (thus the field of wave-wave interactions) tend to trail Ioke, i.e., in the storm’s 
wake (Figures 8b and 1c), as also observed by Haubrich and McCamy (1969). Opposing waves may develop behind 
a storm when it overrides its waves. For example, the western quadrant of Ioke forces wind waves southward. If the 
storm is moving northward faster than the ocean gravity waves propagate, southward traveling wind waves could 
interact with previously generated northward propagating wind waves at locations behind the storm. However, 
during August 22 – September 4, P waves at 0.2 Hz were generated near Ioke even when the storm propagation 
speed was less than the group speed of the deep-water ocean waves at 0.1 Hz, i.e., ~ 8 m/s [ cgroup  g (4f )]. 

This suggests that there must be some wave-wave interactions due to the inhomogeneity of local wave fields even 
when the storm is stationary. 
 
Power of the SPDF P waves generated by Ioke provides a proxy of the intensity of wave-wave interaction under the 
storm. We made a correction of the SPDF P-wave beam power by considering the distance-dependent geometric 
spreading for P waves in a spherically symmetric Earth (Shearer, 2009). The corrected P-wave power is compared 
with the Ioke propagation speed (estimated from the best-track locations at each 6-h time step) and the maximum 
wind speed (Figure 9), giving correlation-coefficients of 0.72 and -0.66 respectively. Stronger P waves were 
generated when Ioke propagated faster, suggesting that a faster-moving storm may simply increase the area of  
wave-wave interactions. The lack of positive correlation between the P-wave power and wind speed is consistent 
with the most intense wave-wave interactions occurring not directly under the storm, but after the waves have 
propagated some distance where they interact with previously generated waves. However, multiple factors may 
contribute to the intensity of wave-wave interaction. The magnitude and frequency of ocean waves generated by 
storms is a function of the wind speed, duration, and fetch, each of which vary. In addition, the estimate of P-wave 
energy generated by the storm can be biased due to scattering and lateral structure dependence of attenuation along 
the storm track. 
 

 
 
Mid-ocean sites exhibit concentrations of DF microseism energy in the SPDF band associated with local wind seas, 
and in the swell-generated LPDF band linked to near-coastal wave activity (Bromirski et al., 2005). This can be 
clearly seen in the spectral variation sampled at three F-net stations in Japan (Figures 10a–d) when nearby Ioke 
transited northwards (September 2–6). Both surface waves and P waves likely contribute to the microseism levels 
observed, although their respective contributions to each band are not known. The different levels of power near  
0.2 Hz at the three stations result from their proximity to Ioke and the storm strength at its closest approach to the 
Japanese coast, with a significant contribution from the storm-associated wave-wave activities at nearby shorelines. 
Because swell propagates with less dissipation, the differences in the LPDF band between the stations are less. The 
presence of strong SPDF P-wave component in microseisms is also consistent with Tanimoto et al. (2006), who 

 

Figure 9.  P-wave 
power (estimated 
using the peak 
amplitudes of 
beamformer 
outputs and 
corrected for 
distance-dependent 
geometric 
spreading) 
compared with 
storm propagation 
speed and wind 
speed. 
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found that Rayleigh waves appear less dominant above about 0.2 Hz, potentially because of a strong P wave 
contribution.  
 
Swell wave-wave interactions can occur distant from storms, i.e., when incident swell interacts with swell from 
coastal reflections or from another storm system. This suggests that the Ioke-generated swell may generate P waves 
in the LPDF band distant from the storm. Two relatively distinct P-wave source regions are identified for the LPDF 
and SPDF bands. The beams were calculated and stacked over the 0.10–0.13 Hz, 0.13–0.16 Hz, and 0.18–0.21 Hz 
when Ioke was weakening. LPDF P-wave microseisms tend to be generated closer to the coast (Figure 10e), which 
is clearly distinct from the deep-ocean SPDF P-wave source area near the storm (Figure 10g). Note that the power of 
the LPDF P waves is much less than the SPDF P waves. Relatively little P-wave energy was generated in the  
mid-range DF band (Figure 10f), in agreement with the spectral minimum in this band (Figures 10b–d and 
Bromirski et al. [2005]). 
 

Figure 10. Spectral partitioning of microseismic P waves and their sources. (a) Locations of three 
individual stations (triangles) and track of Ioke (blue trace). (b–d) Vertical-component 
time series and spectrograms of the data form HRO, TMC, and OSW. Bands associated 
with single frequency (SF), long-period double frequency (LPDF), and short-period 
double frequency (SPDF) microseisms are indicated. Beamformer outputs of P-wave 
sources using the SCSN data are shown for three frequency bands:  (e) LPDF, 0.10–0.13 
Hz, (f) 0.13–16 Hz, and (g) SPDF, 0.18–0.21 Hz. The beam is averaged over UTC 12-h 
September 5 through September 7. The trace and circles indicate the temporal locations 
of the SPDF P-wave sources. Note that the beam power is significantly higher in the SPDF 
band. 

2010 Monitoring Research Review: Ground-Based Nuclear Explosion Monitoring Technologies

241



  

 

Observations over the whole year 2006 show a seasonal variability of P-wave microseism source areas. The 
dominant SPDF P-wave source areas occur in deep oceans (Figure 11a, see also Gerstoft et al., 2008), correlating 
well with ocean wave height (Tolman, 2005). LPDF P-wave microseisms have a stronger coastal component  
(Figure 11b), generated along Pacific coastlines all year long. In summer, intense wave activity across the South 
Pacific dominates P-wave microseism generation in both bands. In winter, the North Atlantic is also a strong LPDF 
P source region. It is interesting that the Hawaiian Island chain seems to be a hotspot of coastal wave-wave 
interaction that generates LPDF P-wave microseisms in addition to surface waves (Bromirski et al., 2005), as 
observed for each month in Figure 11b. 
 
For point sources at selected global locations (crosses in Fig. 11 c and 4d), we construct a synthetic beam neglecting 
amplitude differences, by modeling phase responses corresponding to the travel times at each station, i.e., 

exp(i t lat[k],lon[k ])
k

 , where t lat[k ],lon[k]  describes the travel times from the kth
point source to each array 

stations. Excluding the Hawaiian Island chain, LPDF P-wave source areas are modeled for summer and winter 
months respectively (Fig. 11c and 4d). The simulations do not show significant beamformer leakage near Hawaii, in 
contrast to the local maximum near Hawaii observed in the real data (Fig. 11b). This suggests that the wave-wave 
interaction observed near Hawaii is not a processing artifact. 
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Figure 11: P-wave microseism source areas from monthly averaged beamformer outputs using the 

SCSN data in 2006. (a) SPDF (0.18–0.25 Hz) P-wave source areas. (b) LPDF (0.10–0.13 
Hz) P-wave source areas. The dB scales are independent for SPDF and LPDF bands. (c) 
Synthetic LPDF P-wave beams for summer months, excited by spatially distributed point 
sources at selected locations (crosses). (d) Synthetics for winter months. 

 
CONCLUSIONS AND RECOMMENDATIONS 
 
Using the P-wave microseisms of pelagic origin recorded in southern California and generated by Hurricane 
Katrina, Super Typhoon Ioke, and a South Pacific storm, we have extracted accurate relative P-wave arrival times. 
In practice, a candidate storm is analyzed via array beamforming. Once strong P waves are identified and 
characterized, NCC processing is conducted for obtaining the delay times of P arrivals between each pair of stations. 
Determination of relative arrival times is then realized by solving timing residual equations using least squares. The 
P-wave travel-time anomalies derived from distant storms are similar to those obtained from earthquakes close to 
the storms. This indicates that oceanic storms may contribute to tomography by providing additional teleseismic 
sources for imaging Earth structure. Improvements in regional body-wave tomography may come from using 
oceanic sources that can fill azimuthal gaps in the earthquakes recorded in a particular region.  
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Beamforming of land-based seismic array data shows clear evidence of deep-ocean origins of SPDF (0.16–0.35 Hz) 
P-wave microseisms due to nonlinear wave-wave interactions of local wind seas near storms. Weaker P-wave 
microseisms are also observable in the LPDF (0.1–0.13 Hz) band, likely associated with swell interactions near the 
coastlines. These observations show that wave-wave interactions under tropical cyclones may be tracked using  
land-based seismic arrays. Surface waves generated under the storm were not observed. Further studies with higher 
density arrays are needed to conclusively determine if surface-wave DF microseisms generated in deep oceans are 
observed on land. 
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