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1 I N T RO D U C T I O N
Rapid progress in imaging the Earth has been driven by the improved coverage of seismic stations and our ability to analyse the
data collected using theoretical and computational advancements.
Several recent studies have attempted to resolve the elastic structure of the mantle with increasing detail and complexity (e.g. Houser
et al. 2008b; Kustowski et al. 2008; Panning et al. 2010; Ritsema
et al. 2010; Simmons et al. 2010; Lekić & Romanowicz 2011;
Debayle & Ricard 2012; French et al. 2013; Chang et al. 2014).
There is growing agreement between tomographic models of
isotropic shear velocity on several large-scale features in the Earth’s

C

mantle; most models show similar signatures of continental roots,
cooling oceanic plates, subducting slabs and large slow-velocity
‘superplumes’ at the base of the mantle. Similarity of large-scale
variations is important for demonstrating the robustness of tomographic imaging, and offers the prospect of future agreement on
smaller length scales, for which the intermodel correlations remain low (Becker & Boschi 2002). Discrepancies between models
can either be due to limited data coverage, use of different data
sets, or modelling approaches like crustal correction, regularization and parametrization schemes (e.g. Boschi & Dziewoński 1999;
Kustowski et al. 2007; Meier et al. 2007; Ferreira et al. 2010; Panning et al. 2010; Burgos et al. 2014). Large-scale features in the
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SUMMARY
We use normal-mode splitting functions in addition to surface wave phase anomalies, body
wave traveltimes and long-period waveforms to construct a 3-D model of anisotropic shear
wave velocity in the Earth’s mantle. Our modelling approach inverts for mantle velocity and
anisotropy as well as transition-zone discontinuity topographies, and incorporates new crustal
corrections for the splitting functions that are consistent with the non-linear corrections we
employ for the waveforms. Our preferred anisotropic model, S362ANI+M, is an update
to the earlier model S362ANI, which did not include normal-mode splitting functions in
its derivation. The new model has stronger isotropic velocity anomalies in the transition
zone and slightly smaller anomalies in the lowermost mantle, as compared with S362ANI.
The differences in the mid- to lowermost mantle are primarily restricted to features in the
Southern Hemisphere. We compare the isotropic part of S362ANI+M with other recent
global tomographic models and show that the level of agreement is higher now than in the
earlier generation of models, especially in the transition zone and the lower mantle. The
anisotropic part of S362ANI+M is restricted to the upper 300 km in the mantle and is similar
to S362ANI. When radial anisotropy is allowed throughout the mantle, large-scale anisotropic
patterns are observed in the lowermost mantle with v SV > v SH beneath Africa and South Pacific
and v SH > v SV beneath several circum-Pacific regions. The transition zone exhibits localized
anisotropic anomalies of ∼3 per cent v SH > v SV beneath North America and the Northwest
Pacific and ∼2 per cent v SV > v SH beneath South America. However, small improvements in
fits to the data on adding anisotropy at depth leave the question open on whether large-scale
radial anisotropy is required in the transition zone and in the lower mantle. We demonstrate
the potential of mode-splitting data in reducing the trade-offs between isotropic velocity
and anisotropy in the lowermost mantle for the even-degree variations. Spurious anisotropic
variations in the mid-mantle are also suppressed with the addition of mode-splitting data.
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between isotropic and anisotropic structure. Several studies have
demonstrated that the isotropic shear velocity structure can contain
artefacts if anisotropy is not taken into consideration (e.g. Anderson & Dziewoński 1982; Ekström 2011). Kustowski et al. (2008)
reported a severe trade-off between the radially anisotropic and
isotropic variations in the lowermost mantle, even with the inclusion of several types of diverse data sets.
It is particularly difficult to constrain heterogeneity in the transition zone and mid-mantle due to the limited localized sampling
provided by most types of seismic data. Fundamental-mode surface waves provide excellent global coverage (e.g. Trampert &
Woodhouse 1995; Laske & Masters 1996; Zhang & Lay 1996;
Ekström et al. 1997; Ekström 2011) but only constrain the uppermost mantle while teleseismic body waves have uneven sampling in
the transition zone (e.g. Fukao et al. 1992; van der Hilst et al. 1997;
Boschi & Dziewoński 1999). Overtones can provide important constraints at such depths and can be included in a variety of ways.
For example, overtones can be incorporated using long-period body
wave waveforms (e.g. Woodhouse & Dziewoński 1984; Kustowski
et al. 2008; Panning et al. 2010), since they can be thought of as
the superposition of normal-mode overtones. The spectral peaks
of the normal-mode overtones can also be processed to estimate
their splitting coefficients (e.g. Ritzwoller et al. 1986; Woodhouse
et al. 1986; Giardini et al. 1988; Ritzwoller et al. 1988; He &
Tromp 1996; Resovsky & Ritzwoller 1998; Masters et al. 2000c;
Deuss et al. 2011, 2013). A third way to include constraints from
overtones is to use their dispersion observations. Some methods to specifically isolate and constrain overtone dispersion have
been developed (e.g. van Heijst & Woodhouse 1997; Yoshizawa &
Kennett 2002a; Visser & Trampert 2008).
An approach to address issues of resolution is to consider jointly
the data sets that provide complementary constraints on large-scale
Earth structure. Several earlier studies have used diverse types of
data for inversions of mantle heterogeneity (e.g. Dziewoński &
Woodward 1992; Masters et al. 2000a; Gu et al. 2001; Ritsema
et al. 2004). This approach was also used by Kustowski et al.
(2008) who combined long-period full waveforms (e.g. Woodhouse
& Dziewoński 1984), phase velocities of fundamental-mode surface
waves (e.g. Ekström et al. 1997) and body wave traveltimes (e.g. Liu
& Dziewoński 1998) to derive the model S362ANI. One global data
set that was not included was normal-mode-splitting observations
(e.g. Resovsky & Ritzwoller 1998). Modes, by their very nature,
provide global coverage by integrating the volumetric effects of heterogeneity. Normal-mode-splitting data have previously been used
to detect anisotropy in the inner core (e.g. Woodhouse et al. 1986;
Tromp 1993, 1995) and to constrain isotropic velocity in the mantle (e.g. Resovsky & Ritzwoller 1999b; Ritsema et al. 1999, 2010;
Masters et al. 2000a; Beghein et al. 2002). Other authors have used
only the splitting data to invert for the lateral variations of density (e.g. Ishii & Tromp 1999) or azimuthal anisotropy (Beghein
et al. 2008) in the mantle.
Here, we extend the work of Kustowski et al. (2008) by incorporating a new, large data set of mode-splitting observations. This
is the first tomographic study to exploit the sensitivity of modesplitting data to constrain radial anisotropy in the Earth’s mantle
jointly with several other types of data. We deliberately limit other
data sets to those used by Kustowski et al. (2008); this helps us evaluate the potential benefits of including mode-splitting observations
in our inversions. The various types of data used in this study and
their modelling approaches are described in Section 2. Our joint
inversion framework and the new scheme to correct mode-splitting
data for the crustal variations are outlined in Section 3. In Section 4,
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mantle should be more easily recovered, especially since the spectrum of mantle heterogeneity and therefore its signal is dominated
by the long-wavelength components (Su & Dziewoński 1991, 1992).
However, there remain aspects on which tomographic models differ,
even in their large-scale variations.
For example, current models disagree on the level of large-scale
(∼4000 km) heterogeneity in the transition zone and mid-mantle
(e.g. Ritsema et al. 2010). The transition zone influences the ultimate
fate of descending slabs and could act as a high-water-solubility
filter for incompatible elements, which would have implications
for mantle geodynamics (e.g. Goes et al. 2008) and geochemistry
(e.g. Bercovici & Karato 2003). Some tomographic studies, using
body wave traveltimes, have suggested the continuity of slabs down
to the lowermost mantle (e.g. Grand et al. 1997; van der Hilst
et al. 1997) although this has been a subject of debate (e.g. Boschi
& Dziewoński 1999). Other studies have used diverse long-period
data sets to show a decrease in the strength of the anomalies in the
lower mantle (e.g. Gu et al. 2001), large lateral extent of fasterthan-average anomalies at the base of the transition zone as well
as depressions of the 650-km discontinuity underlying the slab-like
anomalies (Shearer & Masters 1992; Flanagan & Shearer 1998;
Gu et al. 2003; Ritsema et al. 2004; Panning & Romanowicz 2006;
Kustowski et al. 2008). These observations suggest an accumulation
of subducted mantle material and horizontal flattening of the slabs
as proposed by Fukao et al. (1992). Improved imaging of the elastic
velocity structure may help resolve the geodynamic significance of
the transition zone in modulating the flow of material between the
upper and lower mantle.
A second aspect on which models disagree is the existence and
strength of large-scale radial anisotropy in the Earth’s mantle. Disagreements persist even at the longest wavelengths and only a
few anisotropic features in the shallowest ∼200 km are consistent between various models (e.g. Kustowski et al. 2008; Chang
et al. 2014). Radial anisotropy may result from deformation mechanisms in the Earth, either by the crystallographic or lattice preferred orientation (CPO, LPO) of anisotropic minerals or by the
shape preferred orientation (SPO) of distinct isotropic materials
such as in partial melt (Nicolas & Christensen 1987; Karato 1992;
Mainprice et al. 2000; Karato et al. 2008). The anisotropic variations can be used to address questions on mantle rheology and
on planetary-scale dynamics such as the evolution of plate motions (e.g. Gaboret et al. 2003; Becker et al. 2003, 2008; Long
& Becker 2010). Various studies have reported strong or localized anisotropy in the uppermost mantle beneath oceanic (e.g.
Ekström & Dziewoński 1998; Panning & Romanowicz 2006) and
continental lithosphere (e.g. Gung et al. 2003; Marone & Romanowicz 2007; Nettles & Dziewoński 2008) as well as in the
transition zone (e.g. Fouch & Fischer 1996; Trampert & van Heijst 2002; Chen & Brudzinski 2003; Beghein & Trampert 2004;
Yuan & Beghein 2013), mid-mantle (e.g. Wookey et al. 2002;
Foley & Long 2011) and the lowermost mantle (e.g. Kendall &
Silver 1996; Lay et al. 1998; Pulliam & Sen 1998; Long 2009;
Nowacki et al. 2010). However, the presence of large-scale or
ubiquitous anisotropy is debated, especially in the transition zone
and the deepest mantle (e.g. Panning & Romanowicz 2004, 2006;
Kustowski et al. 2008).
Improved resolution of these features is hampered by uneven spatial coverage from broad-band seismic stations (e.g. Romanowicz
& Giardini 2001; Romanowicz 2003, 2008), especially in the oceans
(e.g. Wysession 1996; Webb 1998; Simons et al. 2009). The sampling of seismic data is poorest in the Southern Hemisphere. In
case of anisotropy, the resolution is also hampered by trade-offs
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we describe the fits to the data and features of our models along with
the comparison with other studies. We conclude, in Sections 5 and 6,
with a discussion of the results.

2 D ATA A N D F O RWA R D M O D E L L I N G
2.1 Normal-mode splitting functions
2.1.1 Theoretical background

cst =

a 
6
0

s
s
δm ist K ms i dr + K 410
δh st410 + K 650
δh st650 ,

(1)

i=1

where the integral is taken over the radius r from the Earth’s centre to the free surface at a = 6371 km. We limit our analysis to
a transversely isotropic medium without lateral variations in azimuthal anisotropy, which would allow wave speeds to vary with
the azimuth of propagation. Therefore, m ist stands for the five elastic parameters v PH , v PV , v SH , v SV and η, as well as the density ρ,
while δh st410 and δh st650 stand for the topography of the 410- and
650-km discontinuities. We use the expressions from Mochizuki
(1986) to compute the kernels for v PH , v PV , v SH , v SV and η for
the 1-D reference model STW105 (Kustowski et al. 2008), while
s
s
and K 650
are
the kernels for ρ and the topography kernels K 650
calculated using the expressions in Woodhouse & Dahlen (1978).
Previous 3-D tomographic studies that used mode data (e.g. Ishii
& Tromp 1999, 2001; Resovsky & Ritzwoller 1999b; Romanowicz 2001) focused on isotropic velocity heterogeneity; here, we also
account for variations in radial anisotropy in the forward and inverse
modelling of splitting coefficients.
We visualize the splitting coefficients of a mode using its splitting
function F(θ, φ) (e.g. Woodhouse et al. 1986; Giardini et al. 1987),
defined as
F(θ, φ) =

s
2l 

s=0 t=−s

cst Yst (θ, φ),

(2)

where Yst denotes a fully normalized surface spherical harmonic of
degree s and order t (Dahlen & Tromp 1998), as described in the
Appendix. The 2-D splitting functions are roughly equivalent, at the
ray-theoretical limit (l  s), to the phase velocity maps obtained
from surface waves. The values of the splitting function at a given
colatitude θ and longitude φ can be interpreted as the local variation
away from the degenerate frequency of the multiplet, as calculated
from the reference 1-D model. The observed splitting functions of
the modes 1 S8 , 2 S12 , 0 T10 and 1 T9 , with their varying sensitivities
at depth to the anisotropic shear velocities v SH , v SV and its Voigt
average v S , are shown in Fig. 1. The spheroidal modes 2 S12 and 1 S8
are sensitive primarily to the v SV structure in the upper and lower
mantle, showing thereby the even-degree signatures of low-velocity
ridges and deep-mantle superplumes, respectively. In contrast, the
toroidal modes 0 T10 and 1 T9 are sensitive to both v SH and v SV .
Theoretical advancements in conjunction with the availability
of data from large earthquakes led to the early measurements
of splitting coefficients in the 1990s (Giardini et al. 1987, 1988;
Ritzwoller et al. 1988; Li et al. 1991; Tromp & Zanzerkia 1995; He
& Tromp 1996; Resovsky & Ritzwoller 1998; Masters et al. 2000b).
Most of these self-coupled splitting-coefficient observations were
made using the iterative spectral-fitting (ISF) technique. Deuss et al.
(2011) have recently estimated splitting coefficients of spheroidal
modes at periods longer than 300 s using the ISF technique. These
new splitting data are constrained by a large number of event–
station spectra from all MW > 7.6 as well as deep (>100 km)
MW > 7.4 earthquakes that occurred during the period 1976–2008.
In this recent study, the splitting coefficients are determined for even
spherical harmonics up to degree 14.

2.1.2 Selecting the subset of mode-splitting data for inversions
We compile the results from several studies (Tromp &
Zanzerkia 1995; He & Tromp 1996; Resovsky & Ritzwoller 1998;
Deuss et al. 2011) and perform tests to select the subset of observations to be used in our inversions. We first evaluate the consistency
between the splitting-function observations by calculating their correlations (R) and average differences (F), given by
 s
F1 (θ, φ)F2s (θ, φ) d

(3)
R= 
1/2
 s
 s
2
2
F1 (θ, φ) d × F2 (θ, φ) d


and
F =






|F1s (θ, φ) − F2s (θ, φ)|d
|F1s (θ, φ)|max

,

(4)

where F1s and F2s are the splitting functions from different studies
truncated at a given degree s ≤ 2l, where l is the angular order
of the mode. By limiting the expansions of the splitting functions
to certain degrees, we can focus on the consistency of features
at different wavelengths. We classify the modes common to two
studies into three categories based on subjectively chosen values of
F and R: ‘highly consistent’ for those exhibiting small differences
(F < 0.15), ‘inconsistent’ for those that have large differences
(F ≥ 0.15) and low correlations (R < 0.6) and ‘consistent’ for the
remaining modes that differ in their amplitudes (F ≥ 0.15) but
not in their patterns (R ≥ 0.6).
We analyse the agreement between pairs of studies by estimating the fraction of highly consistent modes (Table 1). Fewer than
half of the modes measured by He & Tromp (1996) and Tromp &
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In a spherically symmetric, non-rotating earth model, all the 2l + 1
singlets of a Rayleigh-wave equivalent spheroidal mode n Sl or a
Love-wave equivalent toroidal mode n Tl with overtone number n
and angular order l vibrate at a degenerate multiplet frequency.
The rotation and ellipticity of the Earth cause departure from this
degeneracy, resulting in the splitting of the constitutive singlets.
Additional splitting can be attributed to the lateral variations in velocity, anisotropy and density as well as the topography of various
discontinuities. Splitting coefficients can be used to describe the
additional singlet splitting and can be estimated from event–station
spectra of multiple earthquakes. The splitting of each mode can be
treated in isolation (self-coupling) or in resonance with other modes
(cross-coupling). In the self-coupling approximation, the estimated
splitting coefficients are sensitive only to the even-degree heterogeneity, while cross-coupling can provide sensitivity also to the odd
degrees (e.g. Resovsky & Ritzwoller 1995). The fundamental-mode
pairs 0 Sl –0 Tl+1 , for example, are strongly coupled in the 1.5–3 mHz
range, primarily due to the Coriolis force. In this study, we consider
observations of self-coupled modes; the small number of available
cross-coupled splitting-coefficient observations are not included.
We use perturbation theory to relate the self-coupled splitting
coefficients, denoted by cst for an angular order s and azimuthal
order t in spherical harmonics, to the corresponding perturbations
in the ith model parameter m ist , according to
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Table 1. Fraction of highly consistent versus total modes common to pairs of catalogues. The calculation of F and R for
a mode is truncated at the highest degree
for which both catalogues have data available. The sources of the splitting functions
are abbreviated as follows: Deuss et al.
(2011) as D11, Resovsky & Ritzwoller
(1998) as R&R, He & Tromp (1996) as
HT and Tromp & Zanzerkia (1995) as TZ.
Highly consistent/Total common modes
D11
R&R
HT
TZ
D11
R&R

–
34/54

34/54
–

13/32
11/35

–
2/11

Zanzerkia (1995) are highly consistent with the ones measured
in more recent studies (Resovsky & Ritzwoller 1998; Deuss
et al. 2011). In contrast, the splitting functions for 34 out of 54
modes common to Resovsky & Ritzwoller (1998) and Deuss et al.
(2011) are highly consistent. Only 2 out of 11 toroidal modes common to Tromp & Zanzerkia (1995) and Resovsky & Ritzwoller
(1998) are highly consistent, and splitting functions for modes 0 T4
and 1 T1 are negatively correlated between the studies. We therefore
exclude the data from He & Tromp (1996) and Tromp & Zanzerkia
(1995) from our inversions and focus on the extensive compilations
of Resovsky & Ritzwoller (1998) and Deuss et al. (2011), hereafter
referred to as R&R and D11, respectively.
Since we are focusing on the elastic heterogeneity in the mantle,
we exclude from our analysis modes that have substantial sensitivity
to the core: 2 S3 , 3 S1 , 3 S2 , 3 S8 , 5 S2 , 5 S3 , 6 S1 , 6 S3 and 8 S1 (Woodhouse
et al. 1986; He & Tromp 1996; Durek & Romanowicz 1999). We
also exclude the modes 4 S1 , 4 S2 , 0 T4 and 1 T1 , as they are negatively
correlated between the various studies. We perform inversions for
lateral heterogeneity, as described in the subsequent sections, with
and without modes 0 S3 and 1 S2 that have low correlations (R < 0.6)

between the studies. The inverted models give better fits to the D11
data and we therefore exclude the R&R data for these modes as
they should be superseded by D11, owing to the expanded data set.
Similar experiments do not provide a clear choice for the mode
0 S11 and 0 S12 , so we include the coefficients from both studies.
We also include the splitting coefficients of the ‘football mode’
0 S2 and the mode 2 S1 , which were measured for the first time by
Deuss et al. (2011). The resultant composite catalogue (Table 2) of
splitting coefficients used in our inversions is highly consistent at
degree 2 for the modes common to R&R and D11 (Fig. 2a). This
consistency decreases for some modes at higher degrees, especially
for the modes with significant cross-coupling such as 0 S11 and 4 S3 .
However, 30 out of the 44 modes common to the two catalogues are
highly consistent even in their shorter-wavelength (s ≥ 4) variations
(Fig. 2b).
2.2 Body wave traveltimes
We use three sets of traveltime data that were measured at a dominant period of ∼20 s and compiled by Kustowski et al. (2008).
The first subset of arrival times was collected by Liu & Dziewoński
(1998) from the seismograms of 1000 earthquakes (MW ≥ 5.5)
of the period 1989–1994. The traveltime residuals were measured
by cross-correlation of the observed and synthetic seismograms
from PREM (Dziewoński & Anderson 1981). This set includes
absolute traveltimes of phases S, SS, ScS and ScSScS as well as
differential traveltimes of two phases such as S–SKS and SKS–
SKKS. The second subset of arrival times, measured at Scripps by
Woodward & Masters (1991) and Bolton & Masters (2001), includes differential ScS–S and SS–S traveltimes. Since the Scripps
data used a different technique involving cross-correlation of the
observed ScS or Hilbert-transformed SS waveform with the S-wave
part of the seismogram, Kustowski et al. (2008) performed several
checks for consistency between the data collected by the two groups.
They concluded that the ScS–S data sets from Scripps and Harvard
were consistent with each other. A constant correction of 1.1 s needs
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Figure 1. The observed splitting functions of four of the modes used in this study. The data for spheroidal modes 1 S8 and 2 S12 are from Deuss et al. (2011),
while those for toroidal modes 0 T10 and 1 T9 are from Resovsky & Ritzwoller (1998). The degree-2 sensitivity kernels, (K m2 i in eq. 1) calculated using the 1-D
reference model STW105 (Kustowski et al. 2008), are plotted here for the anisotropic shear velocities mi = v SH , v SV and its Voigt average v S . The depth of
the 410- and 650-km discontinuities and the CMB are indicated by grey horizontal lines. The horizontal bars beneath the velocity kernels show from top to
2 , K2 & K2
bottom, the mode’s sensitivity to topographic perturbations of the 410- and 650-km discontinuities and the CMB (K 410
C M B ). Note that the kernels
650
are in units of μHz and correspond to variations in δmi /mi or δh/a of 1 per cent, where a = 6371 km and that each graph is scaled independently.
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Table 2. Data used in this study. Body wave traveltimes indicated by HRV were
measured at Harvard, those indicated by SC at Scripps. The sources of the splitting
functions are abbreviated as follows: Resovsky & Ritzwoller (1998) as R&R and
Deuss et al. (2011) as D11.
Data from Kustowski et al. (2008)
No. of surface wave phase anomalies
55 510–83 904
160 470–206 560

Love waves T = 35–150 s
Rayleigh waves T = 35–150 s

No. of long-period waveforms
19 117–22 522
16 440–24 101
939–1062

S (HRV)
SS (HRV)
ScS (HRV)
ScSScS (HRV)
SS-S (HRV)
SS-S (SC)
ScS-S (HRV)
ScS-S (SC)
S-SKS (HRV)
SKKS-SKS (HRV)
SS-S410S (HRV)
SS-S650S (HRV)
S410S-S650S (HRV)

No. of body wave traveltimes
27 660
11 695
4397
1279
5671
16 180
3471
7902
3671
2232
18 677
18 670
16 957

Mode-splitting data
Source (No. of modes, splitting coefficients)
R&R (18, 1191)
D11 (18, 1278)
R&R (28, 714)
D11 (30, 1555)
R&R (18, 522)
R&R (11, 118)

Spheroidal fundamentals
Spheroidal overtones
Toroidal fundamentals
Toroidal overtones

to be added to Scripps’s SS–S data to account for a systematic difference of ∼1.1 s between the two sources of data. We adopt the same
corrections to these data before including them in our inversions.
The third data set consists of SS–S410 S, SS–S650 S and S410 S–S650 S
differential traveltimes collected by Gu & Dziewoński (2002) and
Gu et al. (2003) that provide constraints on the topography of the
transition-zone discontinuities.
We relate these observations to the mantle elastic structure as
well as the topography of transition-zone discontinuities (e.g. Gu
et al. 2001; Kustowski et al. 2008). The general form of the
equation governing the forward model of traveltime anomalies δt to
the properties of the Earth is written as

δt = −
path

5


δm i Tm i

i=1
group
(v0 )2

ds +


d410

T410 δh 410 +



T650 δh 650 ,

(5)

d650

where d410 and d650 denote interactions of the ray with the discontinuities, while mi stands for v PH , v PV , v SH , v SV and η. The discontinuity kernels T410 and T650 are calculated using the expressions
from Dziewoński & Gilbert (1976), while the kernels for elastic
group
are calculated using
perturbations Tm i and group velocities v0
expressions from Kustowski et al. (2008) in their appendix. The ray
paths are calculated using the expressions from Woodhouse (1981)
for the 1-D reference model STW105 (Kustowski et al. 2008), while
excluding its water layer.

2.3 Surface wave dispersion
We use the compilation of phase anomalies from Kustowski et al.
(2008) that includes measurements of fundamental-mode Rayleigh
and Love waves at nine periods between 35 and 150 s. The phase
anomalies were collected from seismograms of the GSN and additional FDSN stations over the period 1992–2001 using the technique developed by Ekström et al. (1997). This technique is based
on phase-matched filter theory and suppresses the interference of
overtones using a minimization scheme for the residual dispersion.
The expansion of the original data set was performed by Kustowski
et al. (2008) to achieve a crossing of more than 200 rays in every
1000 km × 1000 km region on the Earth’s surface. Owing to this
excellent coverage, the uppermost mantle is well sampled globally
by these surface wave data.
The linearized relation between the surface wave phase anomalies
δ and the Earth’s structure is given as
δ

=−

ω
c0



δc
ds,
c0

(6)

path

where δc is the local phase velocity anomaly and c0 is the phase
velocity of the reference model. The perturbation in phase velocity
at a fixed frequency ω is related to the perturbation in local eigenfrequency at a fixed wavenumber k as (δc/c)ω = (c/U)(δω/ω)k
(Dahlen & Tromp 1998), where U is the group velocity. The local
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Body waves T > 50 s
Mantle waves T > 125 s
Mantle waves T > 200 s
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A seismogram recorded at station r at location xr for the sth
earthquake is a function of time t, and can be expressed as
Ui (t) = u i (xr , t, ir , xs , ts , fs , ⊕) + εi (t),

(8)

where the ith observed seismogram Ui and the synthetic seismogram
ui are recorded and calculated for the sth source and rth receiver,
and εi is the misfit. We assume that the receiver location xr and the
instrument response ir are known. The earthquake is characterized
by a point source at location xs , origin time ts , and the moment
tensor fs . The goal of the waveform inversion is to find the source
parameters and the perturbation δ⊕ that minimize the misfit


[Ui (t) − u i (t)]2 dt
εi2 (t) dt =
(9)
ε2 =
i time

between observed seismograms Ui and seismograms ui predicted
by the model ⊕. Seismogram ui depends nonlinearly on the heterogeneous velocity field, and therefore, determination of the Earth’s
structure requires iterations. Starting with the standard Centroid
Moment Tensor solutions (Dziewoński et al. 1981; Dziewoński &
Woodhouse 1983), we invert iteratively for the aspherical perturbation δ⊕, the moment tensors fs and centroid locations xs and
times ts .
We use the path-average approximation (Woodhouse &
Dziewoński 1984) to invert the waveforms for structure. The waveforms are constructed by the superposition of normal modes, while
the sensitivity of the local eigenfrequency of a mode to the underlying structure is computed using eq. (7). More sophisticated
numerical (e.g. Komatitsch & Tromp 2002a,b; Liu & Tromp 2008)
and normal-mode approaches (e.g. Li & Romanowicz 1995) have
been developed to calculate sensitivity kernels corresponding to
3-D models at global scales. Here, we follow the classical approach
from Woodhouse & Dziewoński (1984) as this allows for a very
efficient calculation of synthetic seismograms in aspherical earth
models.

3 METHODS
eigenfrequency perturbation is defined as
δω =

a 
6
0

δm i K m i dr + K 410 δh 410 + K 650 δh 650 ,

3.1 Crustal corrections
(7)

i=1

where the limits on the integration as well as the parameters mi are
defined for a transversely isotropic earth model like in eq. (1). The
kernels are computed from the eigenfunctions of normal modes in
the 1-D reference model STW105 (Kustowski et al. 2008), using
expressions from Takeuchi & Saito (1998) and Dahlen & Tromp
(1998). These kernels are equivalent to the degree-0 kernels for
mode-splitting functions (K m0 i ) in eq. (1).

2.4 Mantle and body wave waveforms
The waveform data are taken from the compilation of Kustowski
et al. (2008) and include seismograms from the years 1994–2003
of 219 well-recorded earthquakes (MW 6.5–8) and 10 great earthquakes (MW > 8). The waveform fitting is restricted to very-long
periods (T > 200 s) for the great earthquakes. A good coverage
is obtained by selecting globally either the best-recorded events or
earthquakes with different depths or magnitudes.

Since the crust is very heterogeneous in terms of its velocity, density and thickness, appropriate corrections have to be made to the
observations in Table 2 before inverting for mantle structure, as the
long-period data used in our analyses cannot resolve the details of
the crustal structure. In this study, the crustal effects are accounted
for using the global model CRUST2.0 (Bassin et al. 2000). Here,
we first summarize the techniques of crustal corrections for the
body waves, surface waves and long-period waveforms that were
used in developing the 3-D anisotropic model S362ANI (Kustowski
et al. 2008). We then describe a new method of corrections for
the mode-splitting data that uses the lateral variations of different
discontinuities and heterogeneities, as represented in CRUST2.0,
rather than using the variations in crustal thickness as in most earlier mode studies.
The corrections to the body wave traveltimes are calculated beneath the seismic stations, at points of surface reflection and at
hypocentres of shallow earthquakes, employing a method based on
ray theory, as described by Kustowski (2007). This procedure involves calculating time delays in a three-layer stratified medium
with a local velocity structure as defined by CRUST2.0. Our simple ray-based approach differs from that of Ritsema et al. (2009)
who accounted for the finite-frequency effects of body waves at
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Figure 2. The consistency between the modes common to the two catalogues
of splitting coefficients used in this study (Resovsky & Ritzwoller 1998;
Deuss et al. 2011). The horizontal and vertical grey lines correspond to
a normalized difference F, as in eq. (4), of 0.15 and correlation of 0.8,
respectively. The calculations are truncated at (a) degree 2 or done for the
(b) maximum degree available in the catalogues. The number of modes in
the ‘Inconsistent’, ‘Consistent’ and ‘Highly consistent’ quadrants of each
figure are the following: (a) 0, 7, 37 and (b) 5, 9, 30.

i time
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a 
3
5


st,(i)
δv S K vs,(i) + δρ st,(i) K ρs,(i) dr +
=
K sj δh stj ,
i=1 Moho

j=1

(10)
where the integral is taken over the radius r from the Mohorovičić
discontinuity (hereafter Moho) at a depth of 24.4 km to the free
surface at a = 6371 km. Here, v Sst , ρ st and hst stand for perturbations in shear wave velocities, density and topographies of crustal
discontinuities, respectively. Also, i = 1, 2 and 3 correspond to the
lower, middle and upper crust, and j = 1, 2, . . . , 5 to the top of
the mantle, upper crust, middle crust, lower crust and the ocean
layer, respectively. We use a similar convention to the one used
by Kustowski et al. (2007) where the ‘upper crust’ combines the
upper crust, sediments and ice layers from CRUST2.0. We reduce
the number of perturbations by adding the partial derivatives with

Table 3. Crustal model used for the corrections to the splitting data.
The crustal corrections are evaluated by calculating the perturbations
to this model, expanded in spherical harmonics. The parameters v P ,
v S , ρ and h indicate compressional and shear velocities, density and
thickness, respectively. The designation ‘upper crust’ combines the
upper crust, sediments and ice layers from CRUST2.0
Layer
Ocean
Upper crust
Middle crust
Lower crust

v P [km s−1 ]

v S [km s−1 ]

ρ [g/cm3 ]

h [km]

1.45
5.1
6.5
7.1

0.0
2.8
3.7
3.9

1.02
2.7
2.9
3.0

3.0
7.9
7.0
6.5

scaling such that, K vs,(i) = K vs,(i)
+ 0.8 K vs,(i)
since v S is strongly corS
P
related with v P in CRUST2.0. We account for the density variations
only in the upper crust in eq. (10), and therefore use five discontinuity corrections and four heterogeneity corrections, consistent with
the waveform corrections that were used in constructing S362ANI
(Kustowski et al. 2008).
The calculations of the sensitivity kernels as well as the spherical
harmonic expansions of the parameters in eq. (10) require a 1-D
model. We overlay the spherical average of CRUST2.0 on top of
the 1-D reference model STW105, while scaling the thicknesses
of the upper, middle and lower crust such that the total thickness
of the solid crust is the same as in PREM and STW105 (21.4 km).
We also select the properties of the water layer to be the same as in
PREM and STW105. The resultant 1-D model (Table 3) has three
layers in the solid crust instead of the two layers in PREM and the
partial derivatives K vs,(i) and K ρs,(i) for degree s can then be calculated using the expressions in eq. (1). The perturbations in shear
st,(i)
wave velocities v S , density ρ st, (i) and discontinuity depths h stj describe, in spherical harmonics of degree s and order t, the difference
between the local structure in CRUST2.0 and the 1-D model obtained above. The new corrections for the splitting data, described
here, are different from the corrections employed in previous mode
studies that use only the crustal thickness in an approach similar to
Woodhouse & Dziewoński (1984). The differences are small when
compared with the signal from mantle heterogeneity, and inversions
for the long-wavelength mantle structure give similar results with
either scheme. Nevertheless, the new method used in this study is
more consistent with the non-linear corrections employed for our
long-period waveforms.

3.2 Parametrization and inversion
The reference model [m 0k (r )] in our study is the 1-D model STW105
and we invert for perturbations from it at various depths, defined
as
δm k (r, θ, φ)  
=
ci j Bi (r )S j (θ, φ),
(11)
m 0k (r )
i
j
where mk stands for the two parameters of interest, isotropic shear
velocity and radial anisotropy in the mantle. Here, cij is the coefficient of the model corresponding to the ith radial basis function Bi and the jth lateral basis function Sj (θ, φ). We describe the
radial basis functions in terms of cubic B-splines (Lancaster &
Salkauskas 1986) and the lateral basis functions in terms of 362
evenly spaced spherical splines (e.g. Wang & Dahlen 1995), as
shown in Fig. 3. We parametrize the shear velocity model in terms
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low frequencies by calculating the crustal time delay using crosscorrelations of the waveform synthetics from PREM and the local crustal structure. Ritsema et al. (2010) used finite-frequency
corrections to solve for the isotropic-velocity variations in their
model S40RTS. However, experiments suggest that the recovered
long-wavelength (>2000 km) structures are similar when either
the finite-frequency or the ray-theoretical corrections are adopted
(Ritsema et al. 2009). For simplicity, and since we focus on the
long-wavelength mantle structure, we do not account for the finitefrequency effects while correcting for the crust in the traveltime
data.
The corrections for the surface wave dispersion data are implemented by accumulating along the event–station ray path the difference in local phase velocity of the reference model (e.g. STW105)
and that of the reference model overlain by the local crustal structure. We use the accumulated average phase velocity perturbation to
calculate the crustal contribution to the phase anomaly with eq. (6).
We then subtract this crustal contribution from the observed phase
anomaly and use the corrected measurement in our inversions for
mantle structure.
Application of an analogous method for the long-period waveforms would require calculating the total eigenfrequency perturbation along a ray path for the large number of modes (∼5000) that are
typically required for calculating synthetic waveforms to the shortest periods (∼40 s). A linear-perturbation approach is therefore
needed. However, at shorter periods, the non-linear effects from the
strong lateral variations in the crust can be significant. Recent shear
velocity models that employ long-period waveforms have used new
techniques of calculating the crustal corrections that are computationally efficient yet account for the non-linear effects of the crust
(Kustowski et al. 2007; Lekić et al. 2010). These non-linear effects,
if neglected, can bias the results from tomographic inversions in certain regions of the Earth’s mantle. Kustowski et al. (2007) found,
for example, that the use of linear approximations (Woodhouse &
Dziewoński 1984) in lieu of non-linear corrections led to overestimated fast-velocity anomalies in the mantle beneath cratons. We
therefore use the method described in Kustowski et al. (2007) to
calculate crustal corrections to the waveform data and develop a
consistent method for the mode-splitting data, as described below.
Our new method of calculating the crustal splitting functions uses
the spherical harmonic expansions of the discontinuities and heterogeneities used in the linear part of the corrections for the waveforms
(Kustowski et al. 2007, eq. 2). The equivalent crustal splitting coefficient of a specified degree s and order t can be calculated using
the expression
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and horizontal gradients. Since models regularized by norm damping have a tendency to correlate with uneven data coverage (Boschi
& Dziewoński 1999), we choose not to minimize the norm of the
solution in our inversions. The solution to the inverse problem is
then modified to
⎡
⎤−1 




T
T
T
wi (A A)i +
d j (D D) j ⎦
wi (A d)i ,
xLS = ⎣
i

j

i

(13)

3.3 Starting model and integrated depth sensitivity

Figure 3. The 3-D parametrization of the mantle used in this study. Shown in
yellow are the 16 cubic splines used to describe vertical variations in isotropic
shear velocities. The top four cubic splines are first used to describe the
anisotropy in the upper mantle (red) and 12 more are added at depth (green)
to test the resolution of whole-mantle anisotropy by our data set. Pluses
indicate knots of 362 spherical splines used to describe lateral variations in
shear wave velocity, anisotropy and the topographies of the 410- and 650-km
discontinuities.

of isotropic and anisotropic variations as
δv S
=
v S0

δvSH
0
vSH

+
2

δvSV
0
vSV

and

δa S =

δvSH
δvSV
− 0 ,
0
vSH
vSV

(12)

and also solve for the 2-D topography of the 410- and 650-km
discontinuities. This parametrization scheme allows us to regularize
independently the roughness of isotropic and anisotropic velocity
variations. Since the mode-splitting data are provided in terms of
even-degree spherical harmonics, we use a projection matrix to
convert the spline coefficients in the model to spherical harmonic
coefficients, as described in the Appendix.
The model coefficients cij correspond to a finite number of basis
functions and we apply discrete inverse theory (e.g. Menke 1989)
to solve the inverse problem. We write the problem as the solution
to the least-squares inverse problem xLS = (AT A)−1 (AT d), where xLS
is a matrix containing the best-fitting model coefficients cij . Here, d
corresponds to the data and A to their sensitivity to the perturbations
in cij using the kernels described in Section 2, weighted according to
the uncertainties in the measurements. Due to imperfect data coverage and measurement errors, and in order to stabilize the inversion,
we regularize the tomographic inversions by minimizing vertical

Our starting model consists of the 1-D reference model STW105 and
the corresponding 3-D upper-mantle anisotropic model S362ANI
from Kustowski et al. (2008). Since the sensitivity kernels for the
long-period waveforms require a 3-D starting model, the combination of STW105 and S362ANI is used in that calculation. The
sensitivity matrices for normal-mode splitting functions, body wave
traveltimes and surface wave phase anomalies are calculated from
the 1-D starting model STW105. We do not solve for lateral variations in density or the η parameter, which controls the variation
of compressional and shear velocities at intermediate incidence
angles (Dziewoński & Anderson 1981). To reduce the number of
free parameters, we scale the variations between compressional
and shear velocities assuming that δv PH /v PH = 0.55 δv SH /v SH and
δv PV /v PV = 0.55 δv SV /v SV . The scaling factor of 0.55 is consistent
with anomalies predicted from purely thermal effects (Karato 1993)
and with the results from earlier tomographic studies of shear and
compressional wave velocities in the mantle (e.g. Robertson &
Woodhouse 1996). Moreover, petrological constraints (Montagner
& Anderson 1989) suggest similar correlations between the compressional and shear wave velocities in the mantle. An analysis of
the scaling ratios and their resolution with our data set is beyond
the scope of this study.
The various data sets provide different depth-integrated sensitivity to velocity and anisotropy in the Earth’s mantle. To illustrate
this, we compute the global average of the diagonal elements of the
weighted inner-product matrix AT A as a proxy for the sensitivity
at the depth of the spline (Gu & Dziewoński 2002) and plot the
values without any normalization (Kustowski et al. 2008) in Fig. 4.
Compared with Kustowski et al. (2008), we also plot the sensitivities for the different types and sources of mode-splitting data.
The upper mantle at depths down to 300 km is best constrained by
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where wi and dj are the weights given to various types of data and
damping, respectively. Here, i corresponds to the body wave traveltimes, surface wave phase anomalies, body and mantle waveforms,
as well as the normal-mode splitting coefficients. Also, j corresponds to vertical and horizontal gradients of the model (eq. 11)
and (DT D)j are the respective damping matrices, which are calculated numerically (e.g. Boschi & Dziewoński 1999; Gu et al. 2001;
Kustowski et al. 2008).
We then calculate the weighted least-squares solution to eq. (13)
using a standard Cholesky factorization for positive-definite matrices (e.g. Trefethen & Bau 1997). The weighting scheme for the
body wave traveltimes, surface wave phase anomalies and longperiod waveforms is kept the same as the one used for determining
S362ANI (Kustowski et al. 2008). The relative weighting of the
additional data sets of mode-splitting coefficients is decided in a
way that maximizes their variance reductions without appreciably
reducing the fit to the other types of data.
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the fundamental-mode surface waves. Teleseismic body waves have
peak sensitivity at the depth of their turning point in the lower mantle, but also sample the upper mantle beneath the sources, receivers
and the points of reflection on the surface. The sensitivity to the
structure in the transition zone is obtained from overtones, which
are incorporated using the long-period waveforms and the overtonemode-splitting data. The lowermost mantle is best sampled by horizontally polarized S waves diffracted at the core–mantle boundary,
which are sensitive only to variations in v SH . The SKKS–SKS and
S–SKS differential traveltimes are sensitive to both v SH and v SV and
we give these data large weights in the inversion, like in Kustowski
et al. (2008), to constrain any anisotropic variations at the bottom
of the mantle. Topography of the transition-zone discontinuities is
determined primarily by traveltimes of SS precursors. Long-period
waveforms also have significant sensitivity to perturbations in the
depths of discontinuities.
4 R E S U LT S
We use the full data set to solve for three models of different
complexity: S362ISO+M, which includes only isotropic perturbations, S362ANI+M, which includes radial anisotropy in the upper ∼300 km like in S362ANI, and a whole-mantle anisotropic

model, S362WMANI+M. The inversions parallel those performed
by Kustowski et al. (2008) with the difference being the addition of
the mode data sets. Key questions are then to what extent and how
the models are changed as a result of including mode constraints,
and the ability of the new models as well as the earlier ones to fit
the different data sets. We first present the fits to the observations
and then describe the resulting models in detail.
4.1 Fits to the data
Fig. 5 summarizes the fits obtained for the different data sets using
the new models and S362ANI, the preferred model from Kustowski
et al. (2008). All new models fit the mode-splitting data better
than S362ANI. For example, the improvement in variance reduction
from S362ANI to S362ANI+M is 13.6 per cent for the fundamental
spheroidal mode data from Deuss et al. (2011). The fits to the three
earlier data sets with the new models are very similar to those
obtained with the corresponding ones by Kustowski et al. (2008). In
particular, the model S362ANI+M provides essentially the same fits
to the other data sets as S362ANI. It should be noted that S362ANI
does predict the mode-splitting data relatively well, with variance
reductions in the range of ∼65–75 per cent for the different subsets
of data. Satisfactory fits by S362ANI, a model not constrained using
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Figure 4. The sensitivity of different data sets is represented by the global average of the diagonal elements of the inner-product matrix AT A for every cubic
spline and for the discontinuities in the transition zone. The AT A matrices are weighted in the same way as in the inversions. The panels on the right show
cumulative sensitivities for the surface wave, waveform, traveltime and normal mode data, and for all data combined. LONG, TRAN and VERT indicate
longitudinal, transverse and vertical components of a seismogram, and ‘w.’ denotes waveforms. The sources of the mode-splitting functions are indicated
as follows: ‘R&R’ to Resovsky & Ritzwoller (1998) and ‘D11’ to (Deuss et al. 2011), while ‘Fund.’ and ‘Over.’ denote fundamental and overtone modes,
respectively. Note the different scale for the topography sensitivities.
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mode-splitting data, can be attributed to the use of other data such
as long-period waveforms that also provide some bulk constraints
on long-wavelength mantle structure.
Since different modes have varying sensitivity to isotropic and
anisotropic structure (Fig. 1), their fits with models of different
anisotropic complexity (Fig. 5) help clarify how well the heterogeneity is constrained by the data. We observe, consistent with
Kustowski et al. (2008), that including anisotropy in the top 300 km
of the upper mantle significantly improves the fit to the surface wave
data, while whole-mantle anisotropy improves the fit to some traveltime data, especially S–SKS and SKKS–SKS. The improvements
in fit to the mode-splitting observations upon adding anisotropy
in the upper mantle is low, because the integrated sensitivity to
elastic structure is small for such a limited range of depths. On
solving for the whole-mantle anisotropic model, the splitting functions of spheroidal overtones (4 S and 6 S branches) and the high-l
toroidal fundamentals (e.g. 0 T10 and 0 T14 ) show improvements in
fit. However, such improvements are small and all three models—
S362ISO+M, S362ANI+M and S362WMANI+M—provide similar fits to the mode-splitting observations. We focus on comparisons
between the fits of S362ANI and S362ANI+M.
We quantify the fit between the observed and predicted splitting
function by calculating the correlation (R) and normalized difference (F) for all available degrees. We cross-plot these values
for each mode in Fig. 6, separately for the two catalogues (R&R,
D11) and the models, S362ANI and S362ANI+M. We observe that

S362ANI+M provides good fits (F < 0.15) to almost twice as
many modes in each catalogue as S362ANI. In case of the D11 data,
40 modes out of 48 show good fits with S362ANI+M in contrast to
only 23 with S362ANI. The improvements in fit are also observed
to a lesser extent for the R&R data; S362ANI+M provides good
fits to 44 out of 75 modes compared to 26 with S362ANI. In general, the newer D11 data are fit better than the R&R data with our
models. However, the R&R measurements for a few modes (e.g.
1 S2 , 0 S11 and 0 S12 ) are more consistent with the predictions from
S362ANI+M than their D11 counterparts.
Limitations of the data and the modelling scheme can be analysed by identifying modes not fit well by either S362ANI or
S362ANI+M. The variance reductions for the splitting coefficients
of each mode are calculated for the two models and plotted in
Fig. 7. The spheroidal fundamental modes and the first overtone
branch (1 S) show the largest improvement in fit with S362ANI+M.
The upper-mantle-sensitive second-overtone branch (2 S) and the
toroidal fundamental modes show modest improvements in fit since
S362ANI was already constrained well in the upper mantle. Some
modes that are difficult to measure do not show appreciable improvements in fit from S362ANI to S362ANI+M. The fundamental
mode 0 S11 , for example, cross-couples with the toroidal mode 0 T12
due to the Coriolis force; such effects complicate the estimation of
self-coupled splitting coefficients for either mode (Resovsky & Ritzwoller 1999b). The mode 0 S2 is only modestly fit with S362ANI+M,
which may be due to its sensitivity to density that is not modelled in
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Figure 5. Variance reductions for the models in this study—whole-mantle anisotropic model S362WMANI+M (in green), S362ANI+M with anisotropy
confined to the four uppermost splines (in red) and for the model S362ISO+M without lateral anisotropic variations (in yellow). S362ANI (Kustowski
et al. 2008) was derived using all the data sets except the splitting functions (‘NORMAL MODES’). The variance reduction was calculated separately
for measurements of surface wave phase velocities at different periods, for different types of waveforms and different types of body wave traveltimes and
normal-mode splitting functions. S-FUND and T-OVER refer to spheroidal fundamental modes and toroidal overtones, respectively.
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this study. S362ANI+M does not provide a good fit to the mode 1 S2
from the D11 catalogue. The measurements for 1 S2 are inconsistent
amongst various studies and this mode has some sensitivity to the
inner core (Deuss et al. 2011); it is unclear what explains our low
fits. The reasons for the modest fit to 2 S1 are also unclear. Other mantle models constrained using mode-splitting data, such as S20RTS,
also do not show good fits for this mode (Deuss et al. 2011).
A visual comparison of the observed splitting functions of some
representative modes with those predicted by S362ANI and our
model S362ANI+M is presented in Fig. 8. S362ANI+M gives better fits to the splitting functions of lower-mantle-sensitive modes,
such as 0 S9 and 1 S8 , especially at high latitudes. The data for the
high-l toroidal fundamental modes such as 0 T10 , and some toroidal
overtones such as 1 T9 , which have sensitivity in the transition zone
(Fig. 1), are also fit better with S362ANI+M than S362ANI. However, the amplitudes of the toroidal-mode-splitting functions are
not fit well by either model. S362ANI+M provides better fits
than S362ANI to the splitting data of all but four modes: 0 S7 ,
3 S9 , 0 T5 and 2 T2 (Fig. 7). The spheroidal modes 0 S7 and 3 S9 are
only slightly worse fit by S362ANI+M with variance reductions
of around 81 per cent from both models. The variance reductions
for the toroidal modes 0 T5 and 2 T2 are low (<56 per cent) for both
models.
4.2 Isotropic shear velocity
The isotropic shear velocity variations in the mantle, as represented
by S362ANI+M, are compared to the model S362ANI (Kustowski
et al. 2008) in Fig. 9. At a depth of 50 km, the pattern of heterogeneity in S362ANI+M is similar to S362ANI and is dominated by strong negative anomalies that are aligned with mid-ocean

ridges and regions of backarc extension. Other upper-mantle features in S362ANI, such as mid-ocean ridge signatures down to at
least 150-km depth and strong positive anomalies at 150 km beneath
continents, are also seen in S362ANI+M. Most of the differences
between the isotropic parts of the models arise at depths below
300 km. In the transition zone, the differences between the models
are in the range of one-fourth of the anomalies themselves with
generally stronger heterogeneity in the new model. The correlation between the models does not decrease below ∼0.8 even in the
transition zone and the mid-mantle where differences are the most
substantial, indicating that the patterns of isotropic heterogeneity
are robust (Fig. 10a).
The faster-than-average velocities associated with major subduction zones that reach up to +3 per cent anomalies in the transition
zone nearly vanish in the mid-mantle. This change in heterogeneity is readily observed in the root-mean-square (rms) variations
of the two models (Fig. 10b). S362ANI+M shows a more abrupt
change across the 650-km boundary than S362ANI. The degree-2
anomalies in the transition zone, associated with subducted slabs
in the circum-Pacific, are stronger in power with the new model
that includes mode data. In the lowermost mantle, S362ANI+M
is dominated by large-scale slow-velocity superplumes beneath the
Pacific and Africa. These anomalies are as low as –3.5 per cent
slower than average. S362ANI+M shows a Pacific superplume that
is more laterally focused than in S362ANI, while the amplitude of
the imaged superplume beneath Africa is weaker by ∼0.9 per cent
(Fig. 9). This slight reduction in power of the isotropic anomalies in
the lowermost mantle is primarily in the long-wavelength (degree-2)
variations (Fig. 10b).
The differences in isotropic structure in the mid-to-lower mantle
are primarily restricted to the Southern Hemisphere (Figs 9 and 10c),
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Figure 6. The fits from the models S362ANI+M (this study) and S362ANI to the two catalogues of splitting coefficients used in this study (Resovsky &
Ritzwoller 1998; Deuss et al. 2011). The horizontal and vertical grey lines correspond to a normalized difference F, as in eq. (4), of 0.15 and correlation of
0.8, respectively. The number of modes in the ‘Worst fits’, ‘Modest fits’ and ‘Good fits’ quadrants of each figure are the following: (a) 3, 5, 40, (b) 5, 20, 23,
(c) 9, 22, 44 and (d) 12, 37, 26. The calculations are truncated at the maximum degree available in the catalogues.
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while the differences are globally distributed in the transition zone
(Fig. 10b). Owing to the global large-scale sampling of the modesplitting functions, they are less influenced by the distribution of
earthquakes and stations than other types of data. The ray coverage
of traveltime data is limited in the Southern Hemisphere due to
the denser distribution of stations on the continents. Our analysis
also indicates that the additional heterogeneity in S362ANI+M,
compared to S362ANI, is primarily in the low even-degree variations (up to degree 8). Although other data such as the long-period
waveforms provide some constraints on large-scale variations, the
mode-splitting data used in S362ANI+M provide more direct constraints on the even-degree structure.
4.3 Comparison of isotropic velocity with other studies
A common way of assessing the resolution of model parameters in a least-squares inversion is through its resolution matrix
(e.g. Menke 1989). Such resolution tests for the shear velocities
in the mantle and topographies of the transition-zone discontinuities performed by various authors (e.g. Gu et al. 2003; Panning &
Romanowicz 2006) indicate that large-scale structures in the mantle
can be recovered. A quantitative comparison between tomographic
models can also help distinguish stable features from those influenced more by data selection and other technical choices. We
invert only for the large-scale variations (degree ≤ 16) using a large
compilation and with more types of data than used in earlier stud-

ies. Therefore, standard resolution tests on our specific modelling
scheme will provide limited additional insights and we, instead,
focus on examining the level of consistency in isotropic velocities
across two generations (‘pre-2008’ versus ‘recent’) of shear velocity
models that were derived from different modelling approaches.
The model S20RTS, a pre-2008 model (Ritsema et al. 1999), and
its successor, S40RTS (Ritsema et al. 2010), were obtained from
measurements of fundamental-mode and overtone surface wave
velocities, body wave traveltimes and spheroidal-mode-splitting
data, most of which are sensitive primarily to the v SV structure.
S40RTS, the recent model, includes an order-of-magnitude larger
data set than S20RTS, uses crustal body wave traveltime corrections from long-period synthetic waveforms rather than from ray
theory and solves for degree-40 rather than degree-20 variations in
isotropic shear velocity. The second pre-2008 model, SAW642AN
(Panning & Romanowicz 2006), and its successor, SAW642ANb
(Panning et al. 2010), were determined using three-component
surface- and body wave waveforms using non-linear asymptotic
mode-coupling theory. SAW642ANb, the recent model, was developed using a new method of non-linear crustal corrections compared
to SAW642AN. Fig. 11 shows the correlations between the isotropic
parts of S362ANI and S362ANI+M with these four models.
We observe that the correlations are higher between the recent
generation of models (Figs 11c and d) than between the pre-2008
models (Figs 11a and b), especially in the lower mantle. Specifically, the correlation between S362ANI+M and S40RTS is greater
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Figure 7. The variance reductions for the splitting coefficients for each mode are calculated for the two models S362ANI+M (this study) and S362ANI. The
coefficients from both the catalogues (Resovsky & Ritzwoller 1998; Deuss et al. 2011) are used while computing the variance reduction for a common mode.
The predictions include the crustal contribution to the splitting functions from our new method using CRUST2.0.
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Figure 8. The fits to the observed splitting functions by S362ANI+M (this study) and S362ANI. The measured splitting functions of different spheroidal
(Deuss et al. 2011) and toroidal (Resovsky & Ritzwoller 1998) modes are plotted in the middle column. The third column contains prediction from S362ANI+M
and the crustal model CRUST2.0 while the first column contains that of S362ANI and CRUST2.0. The crustal splitting function is calculated using a new
method (Section 3.1). All the splitting functions are in units of µHz.

than 0.60 at all depths in the mantle, except the shallow mid-mantle.
The depth-averaged correlation in the whole mantle between the two
models is 0.70, an improvement of 0.04 from S20RTS and S362ANI.
The degree-2 variations in the transition zone are very well correlated between the two models. The correlations at shallower depths
remain high (R ∼ 0.76) and are almost the same between the two
generations of models. The higher correlations in the transition zone
and the mid-mantle for the recent models may be attributed to the
inclusion of the mode-splitting functions from Deuss et al. (2011),
which have been modelled by both S362ANI+M and S40RTS.
The correlations of SAW642ANb with the other recent models
are lower in the transition zone and in the mid-mantle (Fig. 11d).

SAW642ANb has whole-mantle correlations of 0.59 with
S362ANI+M and of 0.63 to S40RTS, somewhat lower than the
correlation between S362ANI+M and S40RTS (R = 0.70). Nevertheless, these correlations are higher by 0.04–0.06 than in the
earlier generation of models. We observe a substantial increase in
correlations from S362ANI and SAW642AN to S362ANI+M and
SAW642ANb (Figs 11b–d), with lower-mantle average improvement of 0.08. Almost all of the improved agreement occurs on going
from S362ANI and SAW642AN to S362ANI and SAW642ANb. We
infer that this improvement results primarily from the implementation of the non-linear crustal corrections in SAW642ANb rather
than from the inclusion of modes in S362ANI+M. The use of
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mode-splitting functions in S362ANI+M gives an additional increase in correlations with SAW642ANb in the mid to lower mantle
for degree-2 variations.
Although the overall level of agreement has increased in the
recent generation, some features show exceptions to this trend. The
degree-2 correlations at a depth of ∼250 km are low in the pre2008 models and lower yet in the recent generation of models.
Rapid radial changes in the heterogeneity occur at around 250-km
depth, the details of which vary between models. The differences
lead to low correlations over a narrow range of depths.
Another way to compare tomographic models at different wavelengths is through the analysis of their power spectra (Fig. 12). In
the uppermost 200 km, the spectra of all recent models are dominated by the lowest 5–6 degrees representing strong anomalies of
roughly continental size. In contrast, the power spectra are weaker
and white at 250-km depth. All recent models show this abrupt
change in the strength and dominant wavelength of heterogeneity at 200-km depth. Both S40RTS and S362ANI+M, like in the
earlier generation of models, show a local maximum in the power
of degree-2 anomalies in the transition zone. Amplitudes of the
isotropic anomalies in this depth range are larger than in earlier
models. The differences between the models can be explained, in
part, by the split radial parametrization used in S362ANI+M, versus
the continuous one used in S40RTS. SAW642ANb has lower power
in its degree-2 component than SAW642AN at a depth of 600 km
and does not show the abrupt change in the spectrum across the 650km discontinuity observed in other recent models. The low correlations in the mid-mantle between S362ANI+M and SAW642ANb
(Fig. 11) could also be due to the low power in SAW642ANb at
degrees higher than five at this depth. The lower-mantle spectra are,

in general, dominated by the well-correlated degree-2 superplumes;
differences exist in the odd-degree variations.

4.4 Radial anisotropy
The anisotropy in S362ANI+M is restricted to the upper ∼300 km
in the mantle and is almost identical to that in S362ANI. Therefore,
we focus here on describing the whole-mantle anisotropic model
S362WMANI+M. Fig. 13 shows the total rms values of anisotropic
variations in the models S362WMANI+M and S362WMANI
(Kustowski et al. 2008) and their intermodel correlations.
The anisotropy in the shallowest ∼300 km of the mantle in
S362WMANI+M is similar to that in the older model S362WMANI
(R > 0.95; Fig. 13a), which was constrained well by surface wave
dispersion and waveform data. The uppermost mantle is also the
region of strongest radial anisotropy in the mantle with rms lateral
variations of up to ∼1.3 per cent (Fig. 13b).
The consistency between anisotropic variations decreases at
depths greater than 300 km. The correlations in anisotropy between
S362WMANI and S362WMANI+M are slightly lower in the transition zone (R ∼ 0.85) than in the uppermost mantle (Fig. 13a). The
addition of modes results in marginally stronger rms lateral variations of anisotropy for the transition zone in S362WMANI+M
than in S362WMANI (Fig. 13b). In the mid-mantle, the degree2 variations are negatively correlated between S362WMANI and
S362WMANI+M and total correlations are lower than 0.6 at some
depths in the mid-mantle. Differences in anisotropic variations are
not only in their patterns, as manifested by the intermodel correlations, but in their amplitudes as well. The rms values of anisotropic
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Figure 9. Isotropic shear wave velocity perturbations (δv S /v S0 ) at 50, 300, 700, 1500 and 2800 km in S362ANI+M and S362ANI. The differences are shown
on the right with a colour scale that is scaled 1/3 or 1/4 from the absolute variations.
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variations in the mid-mantle are low in S362WMANI, and are
smaller by ∼0.1 in S362WMANI+M. In the transition zone, the
variations in S362WMANI+M exceed 3 per cent v SH > v SV beneath North America and the Northwest Pacific and is ∼2 per cent
v SV > v SH beneath South America (Fig. 14a). Strong anisotropic
variations in the lowermost mantle of up to 2 per cent v SV > v SH are
located beneath the Tonga-Kermadec and New Hebrides trenches.
Strong localized anomalies of up to ∼3 per cent v SH > v SV are also
seen in the lowermost mantle beneath the Western Pacific, Alaska
and the Caribbean.
We investigate the resolution of anisotropic variations in our
models by comparing them with other studies. Our wholemantle anisotropic model S362WMANI+M is compared with
SAW642ANb, since S40RTS, as discussed in Section 4.2, is
isotropic. At a depth of 150 km, both S362WMANI+M and
SAW642ANb exhibit strong radial anisotropy with additional
v SH > v SV variations localized beneath the Pacific. However, the
v SH > v SV anisotropy beneath continents, reported by Gung et al.
(2003), is less evident in S362WMANI+M. The uppermost and
lowermost mantle are regions where the models S362WMANI+M
and SAW642ANb are somewhat correlated (Fig. 14b). The lowamplitude anisotropic anomalies in the mid-mantle are poorly correlated between the two models. Unlike the previous generation of

anisotropic models, the correlation in the lowermost mantle is as
high as 0.8 for the degree-2 variations (R2 ). The better agreement
in degree-2 anisotropic variations holds promise for resolving the
debate on the presence of large-scale anisotropy in the lowermost
mantle. However, it should be noted that the spectra of anisotropic
heterogeneities in the deep mantle are not dominated by degree-2
anomalies unlike those of the isotropic heterogeneities (Section 4.5,
Figs 16a and b). Therefore, too much emphasis should not be placed
on such agreements, especially because anisotropic features in the
deep mantle are not unambiguously required to fit the data (Fig. 5).
Apart from the differences in spectral content, anisotropic features
are also spatially uncorrelated with isotropic anomalies in both
SAW642ANb and S362WMANI+M (−0.3 < R < 0.3, Fig. 14c).
4.5 Importance of inverting multiple data types
The additional constraints on mantle structure afforded by modesplitting observations are illustrated by comparing the data fits for
the two anisotropic models from Kustowski et al. (2008), S362ANI
and S362WMANI, with those of S362ANI+M (Fig. 15). It is noteworthy that the model S362WMANI, which was developed together
with S362ANI but allowed for radial anisotropy throughout the
mantle, provides worse fits to the mode data than either S362ANI
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Figure 10. Comparisons between the isotropic parts (δv S /v S0 ) of S362ANI+M and the earlier model S362ANI. (a) The correlations between the isotropic
variations of the two models at degree 2 and for all degrees. (b) The power of degree-2 variations and the total root-mean-square (rms) values of isotropic shear
velocities in the two models. (c) The power in degree 2 and rms values of heterogeneity in the two hemispheres for the two models.
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or S362ANI+M. We infer that S362WMANI was overparametrized
given the constraints provided by the data set used in the inversion,
and that it contained spurious structure. This is in agreement with
the conclusions of Kustowski et al. (2008) who selected, based

Figure 12. Power spectrum of shear wave velocity heterogeneity in the recent models S362ANI+M (this study), S40RTS (Ritsema et al. 2010) and SAW642ANb
(Panning et al. 2010), plotted using a logarithmic colour scale. The black line in the upper panels denotes the 650-km boundary. Bottom panel shows power on
a linear scale.
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Figure 11. Correlation between the isotropic shear velocities in the recent (right) and earlier (left) generation of models. S40RTS is a degree-40
isotropic shear velocity model (Ritsema et al. 2010) and is an update to
the degree-20 model S20RTS (Ritsema et al. 1999). SAW642ANb (Panning et al. 2010) is a whole-mantle anisotropic model and is an update to
SAW642AN (Panning & Romanowicz 2006) using new crustal corrections.

on resolution tests, the upper-mantle anisotropic model S362ANI
rather than S362WMANI as their preferred model.
The question remains whether the mode-splitting data provide
sufficient constraints on anisotropic structure to give credence to
the anisotropy described by S362ANI+M or S362WMANI+M.
We perform a synthetic test, similar to the one done by Kustowski
et al. (2008) but now including mode-splitting data, to investigate
whether the anisotropic variations in S362WMANI+M could be
obtained through a velocity-anisotropy trade-off and therefore be
spurious. For illustrative purposes, we multiply the isotropic spline
coefficients ci j ISO
S362WMANI+M by an arbitrarily chosen and exaggerated
factor of 3. The synthetic data dSYN are obtained from d SYN = A(3 ×
ci j ISO
S362WMANI+M ), where A is the data-kernel matrix. The synthetic
data are inverted for a whole-mantle anisotropic output model in
the same way as we inverted the real data for S362WMANI+M.
The anisotropic structure in the output model is then an artefact and
represents the leakage of the isotropic signal into the anisotropic
part of the model.
Fig. 16 shows the results of this resolution test at a depth of
2800 km in the lowermost mantle. The spurious anisotropic structure obtained by Kustowski et al. (2008) had a strong degree-2
component (Fig. 16f), similar to the isotropic variations at this depth
(Fig. 16a). Such trade-offs in degree-2 and other even degrees are
diminished with the use of modes in our inversions (Fig. 16e).
Trade-offs persist in the odd degrees as the self-coupling splitting
observations cannot constrain odd-degree structure. Similar comparisons in the uppermost mantle (150 km) and the transition zone
(600 km) show that spurious anisotropic variations are negligible
compared to the variations in S362WMANI+M. We infer from this
experiment that the inclusion of mode-splitting data reduces the
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Figure 13. Comparisons between the anisotropic parts (δaS ) of whole-mantle anisotropic model S362WMANI+M and the earlier model S362WMANI. (a)
The correlations between the anisotropic variations of the two models at degree-2 and for all degrees. (b) The power of degree-2 variations and the total rms
values of radial anisotropy in the two models.

5 DISCUSSION
Overall, our results indicate that mode-splitting data can be fit consistently with other data sets while providing complementary constraints on Earth’s structure. Even with the differences associated
with the inclusion of modes, both S362ANI+M and S362ANI provide similar fits to the other types of data. The isotropic parts of
S362ANI and S362ANI+M are highly correlated (∼0.8 or more) at
most depths and the changes due to the inclusion of modes are rather
subtle. Most of the changes are in the amplitudes rather than in the
patterns of heterogeneity. Although not described here, our experiments with the weighting of the mode-splitting data sets reveal that
they indeed trade off with some of the body wave traveltime data
sets. This trade-off is strongest for the SKKS-SKS data set where the
variance reduction reduces from 47.5 per cent with S362WMANI

(Fig. 15) to 42.7 per cent with S362WMANI+M (Fig. 5) when
constraints from mode-splitting data are included.
The mode-splitting data require stronger heterogeneity in the
transition zone, especially for the degree-2 variations (Fig. 18a).
The most distinct features of the transition zone in S362ANI+M
are the ∼2–3 per cent faster-than-average velocities beneath major
subduction zones. In particular, the faster-than-average anomalies
associated with the South American subduction zone are more laterally extensive in S362ANI+M than in S362ANI and are similar
to other isotropic shear velocity models that incorporate normalmode splitting functions (e.g. Ritsema et al. 2010). These features
extend horizontally for several hundreds of kilometres without continuing to the lower mantle and have been interpreted as flattening
of slabs (Fukao et al. 2001) or their accumulation in the transition zone. Such accumulation of slab material could potentially be
explained by chemical buoyancy of the subducted material (Ringwood & Irifune 1988), by folding due to viscosity contrasts (Gurnis
& Hager 1988), or resistance due to the endothermic phase change
across the boundary (Tackley et al. 1993).
The change in isotropic heterogeneity across the 650-km discontinuity, marked by a distinct decrease in amplitude, is more
abrupt in S362ANI+M than in earlier models with similar vertical parametrizations (e.g. Gu et al. 2001; Kustowski et al. 2008,
Figs 18a and b). We solve for but do not plot the lateral variations of the 410-km discontinuity as it is very similar to Kustowski
et al. (2008). The SS-precursor data used in our inversions are the
same as in Kustowski et al. (2008), while the mode-splitting data
have limited sensitivity to topographies of transition-zone discontinuities. Therefore, S362ANI+M shows depressions in the 650km discontinuity beneath the slab-like anomalies that are in broad
agreement with other studies (Shearer & Masters 1992; Flanagan
& Shearer 1998; Gu & Dziewoński 2002; Houser et al. 2008a; Kustowski et al. 2008). However, the trade-off between velocity and
topography of transition-zone discontinuities (e.g. Gu et al. 2003)
results in slightly perturbed discontinuities to compensate for the
strong velocity heterogeneity in the transition zone (Fig. 18a).
For example, the 650-km discontinuity beneath South America is
further depressed by ∼3 km in S362ANI+M as compared with
S362ANI.
Lateral variations in radial anisotropy are imaged in the boundary regions of the Earth’s mantle with varying degrees of robustness. The strongest anisotropic anomalies observed globally in the
uppermost mantle are largely devoid of trade-offs with isotropic
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trade-offs between isotropic and anisotropic structure at the low
and even degrees, especially in the lowermost mantle.
The normal-mode splitting functions included in our modelling
provide constraints only on the even-degree structure. Becker
& Boschi (2002) noted a consistently higher spectral power for
isotropic velocities at even rather than at odd degrees up to degree 12 in S20RTS and suggested that splitting functions could be
the cause of this pattern. The even-degree pattern is also observed
in the recent model S40RTS but not in the isotropic parts of the
models S362ANI+M and SAW642ANb (Fig. 17), both of which
include long-period waveforms. It is unclear whether this ‘zebra’
pattern is indeed a real feature of the Earth’s mantle at depths
of ∼300–650 km or is caused by the modelling approach and the
resolving power of data. We solve for an upper-mantle anisotropic
model without including the waveforms and by employing the same
weighting of other data sets and regularization as used in constructing S362ANI+M. The power spectrum of the resulting model shows
that the power of the lowest odd-degree structure (degrees 1 and 3)
is diminished in the absence of long-period waveforms. Reduced
power is also seen in the higher odd degrees but is not as systematic as seen in S40RTS; other choices such as norm damping
versus smoothness damping could perhaps explain the differences
at higher degrees. We infer that the use of long-period waveforms in
S362ANI+M provides odd-degree sensitivity at the longest wavelengths not afforded by self-coupled splitting functions.

1730

P. Moulik and G. Ekström

structure. The a-axis of dry olivine aligns parallel to flow direction, resulting in v SH > v SV for regions with horizontal flow
and v SV > v SH for regions with vertical flow (e.g. Nicolas &
Christensen 1987; Mainprice et al. 2000). The features in the shallowest mantle with v SH > v SV should therefore suggest a dominant
alignment of anisotropic crystals arising from horizontal flow in
this ductile region of the mantle (Becker et al. 2008). However, this
simple interpretation is hindered by factors like activation of other
slip systems in wet olivine under high-stress conditions (e.g. Jung &
Karato 2001; Karato et al. 2008; Ohuchi & Irifune 2013), influence
of melt distribution on olivine LPO (Holtzman et al. 2003; Holtzman & Kendall 2010) or other potential mechanisms (e.g. Faccenda
et al. 2008; Greve & Savage 2009).

The rms amplitude of anisotropic heterogeneity is smallest in the
mid-mantle (1000–2400 km), and the mode-splitting data favour
an even lower rms anisotropy with S362WMANI+M than was imaged in S362WMANI. The absence of large-scale anisotropy in the
mid-mantle could be explained by diffusion creep (Karato 1998),
which would inhibit alignment of minerals in preferred orientations
(Karato 1988). The limited anisotropy detected in the mid-mantle is
also consistent with the largely isotropic behaviour of its constituent
minerals, perovskite and ferropericlase, at the relevant temperatures and pressures (e.g. Wentzcovitch et al. 2004; Li et al. 2006;
Marquardt et al. 2009).
In the transition zone, there is hardly any agreement (R8 ∼ 0.0)
on the anisotropic variations between our whole-mantle anisotropic
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Figure 14. (a) Anisotropic velocity variations (v SH − v SV )/v S in S362WMANI+M and SAW642ANb. Average anisotropy at each depth, as specified in < >,
has been removed to eliminate the contribution from the reference models that are different in the two models. (b) Correlation between S362WMANI+M and
SAW642ANb calculated up to spherical harmonic degrees 2 (dashed line) and 8 (solid line). (c) Correlation between isotropic and anisotropic variations in
S362WMANI+M (solid line) and SAW642ANb (dashed line) calculated up to spherical harmonic degree 8. The dotted lines in (b) and (c) indicate the 410and 650-km discontinuities and the shaded areas indicate correlations lower than –0.3 and higher than 0.3.
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model S362WMANI+M and that of Panning et al. (2010). While
Panning et al. (2010) observed large-scale v SV > v SH anomalies
in the transition zone around the Pacific and associated them with
subducting slabs, S362WMANI+M exhibits a variety of features at
such depths. A v SV > v SH anomaly is observed beneath South America which could be related to the subducting plate whose isotropic
signature is imaged down to ∼1000 km. Other anisotropic anomalies with v SH > v SV are observed in the transition zone beneath North
America and the Northwest Pacific. Only wadsleyite, the olivinepolymorph at 410–520 km, is known to be anisotropic, while its
higher-pressure polymorph (ringwoodite) and majorite garnet are
nearly isotropic at transition-zone conditions (e.g. Zha et al. 1997;
Mainprice et al. 2000). Therefore, the localized anisotropy observed
in S362WMANI+M at the bottom of the transition zone would require a different mechanism. One mechanism could be the SPO of
laminated garnetite sourced from the oceanic crust of subducting
plates (Karato 1997).
In the lowermost mantle, several circum-Pacific v SH > v SV variations in S362WMANI+M beneath Western Pacific, Alaska and the
Caribbean are broadly consistent with regional studies (e.g Lay &
Young 1991; Kendall & Silver 1996; Matzel et al. 1996). The smallscale features beneath the Central Pacific show mixed fast v SV or
v SH , roughly in agreement with regional studies of shear wave splitting data (e.g Vinnik et al. 1995, 1998; Pulliam & Sen 1998). The
large-scale v SV > v SH features may imply vertical flow in the superplumes (Panning & Romanowicz 2004), while the circum-Pacific
v SH > v SV features may imply horizontal flow in regions where
subducting slabs reach the CMB. However, such a straightforward

interpretation does not explain the strongest v SV > v SH anomalies
in both S362WMANI+M and SAW642ANb observed beneath the
Tonga-Kermadec and New Hebrides trenches, which are at the edge
of rather than being co-located with the Pacific superplume. Furthermore, the experimental results disagree on the slip systems of
post-perovskite (e.g. Merkel et al. 2007; Mao et al. 2010; Miyagi
et al. 2010) as well as the role of partial melt (e.g. Kendall &
Silver 1996; Hirose et al. 1999), ferropericlase and perovskite (e.g.
Yamazaki & Karato 2002; Mainprice et al. 2008), factors which
influence greatly the interpretation of detected anisotropy in terms
of flow in the lowermost mantle.
The parameter space explored in the current study is limited; we
do not explicitly consider variations in density and impose a constant relationship between variations in compressional and shear
wave velocities. The gravest normal modes, in particular, have additional sensitivity to density variations in the mantle due to the
effects of self-gravitation (e.g. Dahlen & Tromp 1998). Departures from constant scaling factors have been suggested for the
compressional velocities (e.g. Su & Dziewoński 1997; Masters
et al. 2000a) and density (e.g. Ishii & Tromp 1999) in the deep mantle. However, several studies have shown the limited resolution provided by mode-splitting data to density structure (e.g. Resovsky &
Ritzwoller 1999a; Romanowicz 2001; Kuo & Romanowicz 2002).
We performed additional inversions where density was scaled to
isotropic shear velocity with a constant scaling factor of 0.33. The
correlations for both isotropic and anisotropic variations between
S362WMANI+M and the resulting model were uniformly high
(R > 0.95). This suggests that the patterns of anisotropic shear
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Figure 15. Different data sets and corresponding variance reductions achieved by S362ANI+M (this study) and the models S362ANI and S362WMANI from
Kustowski et al. (2008). The labels are the same as that of Fig. 5.
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velocity are not much influenced by whether or not density variations are accounted for in the inversions. A detailed analysis of the
scaling ratios and their resolution with current data sets will be the
subject of future work.
Limitations of the theoretical approximations used in our modelling is another aspect that is not explored in this study. We include
long-period waveforms in the context of the path-average approximation (e.g. Woodhouse & Dziewoński 1984). Modern numerical
techniques, such as the spectral element method (e.g. Komatitsch
et al. 2002), can theoretically attribute every portion of the seismogram to heterogeneity using adjoint methods (e.g. Tarantola 1984;
Tromp et al. 2005; Liu & Tromp 2006, 2008). Adjoint techniques in
tomography have been implemented at local (Tape et al. 2009) and

regional scales (Fichtner et al. 2009; Zhu et al. 2012), while computational costs have impeded their application at global scales (e.g.
Lekić & Romanowicz 2011). Recent theoretical approaches also
take into account volumetric sensitivity for body waves (Dahlen
et al. 2000; Zhao et al. 2000) and surface waves (Li & Romanowicz 1995; Marquering et al. 1996; Yoshizawa & Kennett 2002b;
Peter et al. 2007; Lin et al. 2010). Several authors have used such
frequency-dependent sensitivity of body wave traveltimes in tomographic inversions (e.g. Montelli et al. 2004a,b; Sigloch et al. 2008;
Tian et al. 2011). Recent tomographic studies using body and surface waves have shown that similar structures can be obtained using
either theory depending on the choices of parametrization and regularization (Spetzler et al. 2002; Sieminski et al. 2004; Boschi
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Figure 16. Synthetic resolution test: (a, b) Isotropic and anisotropic variations in the whole-mantle anisotropic model S362WMANI+M at a depth of 2800 km.
(c) Anisotropic variations from S362WMANI obtained without mode-splitting data. (d, e) Isotropic and anisotropic variations obtained by inverting the synthetic
data predicted by the isotropic 3(δv S /v S )S362WMANI+M input model at a depth of 2800 km. (f) Anisotropic variations obtained by inverting all synthetic data
except mode-splitting coefficients. Global averages have been removed before plotting. The spectra of the lateral variations in each figure are plotted as a bar
graph, with even degrees in grey and odd degrees in white.
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et al. 2006; Trampert & Spetzler 2006) and that data coverage may
be more important than a sophisticated theory (van der Hilst & de
Hoop 2005). A more accurate theory is clearly needed for recovering
small-scale heterogeneity (e.g. Tromp et al. 2005; Chen et al. 2007;
Peter & Boschi 2009); we focus on modelling different types of data
to get complementary constraints for large-scale mantle structure.

6 C O N C LU S I O N S
In this study, (i) we develop a new method to invert jointly four
distinct types of seismic data for anisotropic shear velocities and
discontinuity topographies in the Earth’s mantle while accounting
accurately for the crustal structure. (ii) We show that the modesplitting data require strong isotropic v S heterogeneity in the transition zone and changes to the Southern Hemisphere in the midto lower mantle. (iii) We report the improved consistency between
recent studies on the long-wavelength isotropic structure, especially
in the transition zone and the lower mantle. (iv) We show that the
data sets used in this study, especially the mode-splitting data, do
not require radial anisotropy in the deep mantle. (v) We demonstrate
that the mode-splitting data suppress spurious anisotropic anomalies in the mid-mantle and reduce even-degree trade-offs between
anisotropic and isotropic variations in the lowermost mantle.
The main outcome of this study is the upper-mantle anisotropic
model S362ANI+M and its isotropic and whole-mantle anisotropic
versions, S362ISO+M and S362WMANI+M. Selecting the more
robust representation of Earth structure requires an integrated analysis of the data fits, resolution tests and comparisons with other
studies. Fits to the surface wave data are clearly improved by including anisotropy in the uppermost ∼300 km of the mantle; this result
disfavours purely isotropic variations in the mantle as described by

S362ISO+M. Some anisotropic features in S362WMANI+M below ∼300 km are broadly consistent with petrological constraints
and regional shear wave-splitting studies. The reductions in spurious
anisotropy with the addition of mode-splitting data also lend some
credence to these features. However, there is limited agreement between various studies on anisotropic variations in the mantle. Also,
the bulk of the data sets used in this study does not show appreciable improvements in fit with the addition of anisotropy in the deep
mantle. We therefore select S362ANI+M as our preferred model in
this study.
Our modelling approach can be readily extended to retrieve
multiresolution models whose long-wavelength components are
compatible with mode-splitting data. Future work on resolving
anisotropic shear velocity will benefit from the further development and consideration of toroidal-mode-splitting functions as well
as very-long-period surface wave phase anomalies. Additional constraints on anisotropy in the lowermost mantle will also come from
expanded data sets of traveltime measurements of phases such as
SKS and SKKS. With the recent surge in the amounts of different
data (e.g. Ekström 2011; Deuss et al. 2013), constraining anisotropic
shear velocity in hitherto undersampled regions of the Earth’s mantle may become an attainable goal in the future.
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Figure 17. (Top panels) The power spectrum of isotropic shear velocities in the mantle down to 800 km for S362ANI+M, a version of S362ANI+M inverted
without waveform data, and S40RTS (Ritsema et al. 2010). The power spectrum is plotted with a logarithmic scale. (Bottom panels) The variations in power
at a depth of 500 km are shown as a bar graph, with even degrees in grey and odd degrees in white.
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in the electronic format. We benefited from discussions with Adam
Dziewoński and Bogdan Kustowski. Some of the figures were made
with GMT (http://gmt.soest.hawaii.edu). The models are available
online at http://www.ldeo.columbia.edu/∼moulik.
REFERENCES
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A P P E N D I X : P R O J E C T I O N M AT R I X
BETWEEN SPHERICAL SPLINES AND
HARMONICS
The lateral variations in the Earth’s structure or global data sets such
as surface wave phase velocity maps and normal-mode splitting
functions can be expressed either in terms of spherical harmonics
or localized splines. The selection between the two depends on the
imaging requirements and the coverage of the data. Here, we give
the expressions of the two types of basis functions and the projection

matrix to convert between them. In this study, the model parameters,
cij from eq. (11), are in terms of spherical splines, while the modesplitting data are in terms of spherical harmonic coefficients cst
from eqs (1) and (2). The splitting functions F(θ, φ) can be denoted
as a complex square-integrable function on the surface of a unit
sphere ψ(θ, φ) with Laplace coefficients ψ lm . Such functions can
be expressed as

l
∞ 

∗
ψlm Ylm (θ, φ) where ψlm = Ylm
ψd,
ψ(θ, φ) =
l=0 m=−l



(A1)
∗
Ylm

where
are the complex conjugate of the spherical harmonic
functions Ylm .
Using the spherical harmonic expansions from Dahlen & Tromp
(1998) and eqs (11) and (A1), we can write the equivalent model
coefficients, clm , as

 

∗ δm 0
∗
clm = Ylm
d =
ci j Ylm
S j (θ, φ)d =
ci j P jst
m0
j
j




(A2)
P jst

is the projection matrix that relates the model coeffiwhere
cients in spherical splines, cij , to the equivalent ones in spherical
harmonics clm . The predictions of the splitting coefficients from
spline parametrized models such as S362ANI are made using this
relation and eq. (1). We perform the integration on the P jst term by
specifying on the unit sphere, a grid containing 180 longitudinal
and 90 latitudinal zones.
Since we use real spherical harmonics (e.g Dahlen & Tromp 1998,
∗
in eqs (A1) and (A2) equal Ylm , which are defined
Appendix B), Ylm
at a location (θ, φ) as
⎧√
2X l|m| (θ) cos mφ if − l ≤ m < 0,
⎪
⎪
⎨
if m = 0,
(A3)
Ylm (θ, φ) = X l0 (θ)
⎪
⎪
⎩√
2X lm (θ) sin mφ
if 0 < m ≤ l,
where Xst (θ, φ) is the associated normalized Legendre function of
degree l and order m. In these equations, the degree l is equivalent
to s and order m to t in eqs (1)–(7).
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